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Abstract

Increased industrialization and human activity modified the atmospheric aerosol com-
position and size-distribution during the last several decades. This has affected the
structure and evolution of clouds, and precipitation from them. The processes and
mechanisms by which clouds and precipitation are modified by changes in aerosol
composition and size-distribution are very intricate. The objective of this thesis is
to improve the understanding of the processes and mechanisms through which the
changes in aerosol concentrations impact the evolution of deep convective clouds and
precipitation formation. We develop a new coupled model in which a very detailed
model of aerosol activation is coupled to a three-dimensional cloud resolving model.
This coupled model can accurately represent different kinds of aerosol populations.
This coupled model is used to investigate the impact of changing aerosol concentra-
tions on the dynamics, microphysical evolution and precipitation formation in deep
convective clouds.

We examine the theories of aerosol activation, and the representation of aerosol
activation in cloud models. The limitations of the extant methods of representation
of aerosol activation in cloud models are evaluated. Then we descibe the components
of the coupled model – Modified Eulerian and Lagrangian Aerosol Model (MELAM)
and the Cloud Resolving Model (CRM). The features of these two component models
with respect to aersol activation and cloud formation are discussed.

The evaluation of the coupled model by simulation of a deep convertive event
observed during the INDian Ocean EXperiment (INDOEX) by statistcal comparison
of observed and simulated cloud fields shows that the coupled model can simulate
deep convective events reasonably well.

We present a study of the senstivity of the model to initial thermodynamic con-
ditions (CAPE). Different initial thermodynamic conditons sampled during the IN-
DOEX are used to initialize the coupled model and, the structure and evolution of
the deep convective event are discussed. The study sheds new light on the respone
of deep convection to CAPE. It is found that when the atmosphere has moderate
CAPE, the precipitation forming processes are very active and when the CAPE is
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low or high, they are comparatively less efficient.
As the most important part of our study, we examine the response of deep convec-

tion to changing initial aerosol concentration. Different aerosol concentrations from
those representing pristine to polluted atmospheres are considered. We look at the
buoyancy of the cloud and the microphysical evolution. It is found that the dynamics
and microphysics are tightly coupled and we infer that to understand aerosol-cloud
interactions in deep convective clouds, both – dynamics and microphysics – and their
interaction have to be taken into consideration.

Our results show that the response of a deep convective cloud to changing aerosol
concentration is very different from the much well understood reponse of shallow
clouds or small cumulus clouds. In general, increase in aerosol concentratin is seen
to invigorate convection and lead to greater condensate. Although the cloud droplet
size decreases, collision-coalescence is not completely inefficient. The precipitation in
high aerosol regime is seen to occure in short spells of intense rain.

A very interesting anomalous response of deep convection to initial aerosol con-
centration is observed at intermediate aerosol concentrations. The cloud lifetime, and
precipitation are seen to increase in this regime. A possible mechanism to explain
this anomalous behavior is proposed and the available circumstantial support for the
mechanism from extant observations is presented. It is proposed that the efficient
collection of rain and cloud droplets by ice and graupel particles in the middle tro-
posphere is primarily responsible for this increased cloud lifetime and precipitation.

Thesis Supervisor: Ronald G Prinn
Title: TEPCO Professor of Atmospheric Chemistry
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Chapter 1

Introduction

The continuous circulation of water between land, ocean and atmosphere is a chain of

physical processes that sustains life on earth. The hydrological cycle is very complex

and dynamic. The transfer of water from ocean to the atmosphere as clouds and from

the atmosphere to the land surface as precipitation involves a wide range of physical

and chemical processes which are sensitive to each other. Precipitation is the central

mechanism for transport of water from the atmosphere to the Earth’s surface. It

also acts as a key link between the weather processes at different timescales and the

response of the hydrological changes to weather processes. Precipitation patterns

and changes in them have a very profound impact on the quality of life on the earth.

Any change in the precipitation pattern can readily turn an agrarian economy from

abundance to utter poverty. History is witness to the fact that many civilizations

perished due to changes in precipitation patterns.

Although precipitation has direct consequences for life on earth in terms of avail-

ability of water, perturbations in temperature have received greater attention as a

metric for global climate change. Precipitation varies in different time and space

scales more than temperature does. It is affected by the atmospheric motions primar-

ily. But the advances in research for the last five decades have shown beyond doubt

that it is also affected by the microphysical processes associated with the atmospheric

aerosols. Aerosols are the particles in the atmosphere which act as embryos for cloud

droplets and so have a direct impact on cloud microphysics and hence precipitation.
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Aerosol Effects on Clouds The United Nations Framework Convention on Cli-

mate Change (UNFCC) identified aerosols, cloud microphysical properties and pre-

cipitation as fundamental climate variables. The impacts of aerosol particles on cloud

microphysical properties like the cloud droplet sizes and hence the radiation scattering

properties of cloud droplet, have been confirmed [Houghton et al., 2001].

Aerosols impact the reflective properties of clouds indirectly through their ef-

fect on cloud drop formation. The first indirect effect of aerosols on clouds’ albedo

is due to the reduction in size of cloud droplets with increasing aerosol concentra-

tions. The second indirect effect concerns the suppression of precipitation due to

the collision-coalescence process of rain formation becoming inefficient because of the

smaller droplet size. The result is that the cloud becomes colloidally stable, lives

longer and reflects the incoming solar radiation back into space for longer times. Be-

cause these climate effects have a direct bearing on the number concentration of cloud

droplets, the central question in almost all these aerosol-cloud-radiation studies was

– ’from a given population of aerosols, how many will turn into cloud droplets?’.

Previous discussion about the crucial role precipitation plays in our lives and

the direct impact aerosols have on the microphysics of clouds let one surmise the

sensitivity of precipitation to aerosols. Aerosol chemical composition, size distribution

and number concentration have been observed to modulate the formation, structure

of clouds and precipitation formation. Hobbs et al. [1970] observed an increase in

precipitation up to 30% from warm clouds impacted by emissions from paper mills.

Studies using MODIS and TRMM satellite data showed that clouds that clouds that

were impacted by forest fires in the Amazon region, grew taller and increases in

precipitation were also reported. Most of the observations and modeling studies

of aerosol-cloud-precipitation interactions were in the context of stratocumulus and

trade cumulus clouds for many years as the suppression of drizzle was seen as a

signature of the indirect radiative effects on climate.
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Figure 1-1: Climatological annual mean accumulation mode aerosol particle concen-
tration from a 10-year integration. [Lauer and Hendricks, 2006]

1.1 Motivation for This Study

Due to increased human activity, the global aerosol content has been increasing

[Houghton et al., 2001]. Figure 1-1 shows the climatological annual means of accumu-

lation mode aerosol particles [Lauer and Hendricks, 2006], which are potential cloud

droplet embryos, from a 10-year integration. This figure shows that the concentrations

of these particles are large in the continental atmospheres and most importantly in

the tropical continental belt. Incidentally, high thick clouds or deep convective clouds

are predominant in the tropical atmospheres. Schumacher and Houze [2003] have re-

ported that 60% of the precipitation in the tropical region is convective in nature.

Because this geographical belt is home to a large fraction of the world’s population,

any changes in precipitation patterns from these clouds, for instance due to aerosol

effects, have serious ramifications. Thus, the study of sensitivity of precipitation from

deep convective clouds to aerosols takes in the greatest importance.
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1.2 Obstacles in Understanding

The crucial role of aerosols in modulating cloud macro-structure, microphysics and

precipitation was identified as far back as fifty years. Gunn and Phillips [1957], Squires

[1958], Twomey and Warner [1967] and Warner and Twomey [1967] pointed out that

increased concentrations of cloud condensation nuclei from anthropogenic sources like

industries and burning of sugarcane increased cloud droplet number concentration

leading to enhanced colloidal stability of the cloud. Thus the precipitation efficiency

(fraction of condensed water that falls to ground as rain [Emanuel , 1994]) of the cloud

was reduced. It is well-established that cloud droplet concentration increases with

CCN concentration. But the exact functional relationship remains elusive.

Twomey and Wojciechowski [1969] measured the CCN concentrations as a func-

tion of supersaturations in the atmosphere in a very comprehensive field campaign

and parametrized the CCN concentrations with a simple power law:

NCCN = N0s
k (1.1)

where N0 and k are parameters characteristic of the atmosphere in which the measure-

ment is conducted. NCCN is the activated CCN concentration at the supersaturation

s.

This simple parametrization allowed simple analytic calculation of the number

of activated particles and hence fueled considerable research in cloud physics using

numerical models. But this parametrization does not take the chemical composition

and size distribution of the aerosols into account. Thus, as our understanding of

aerosol chemical and physical processes advanced, this parametrization stood in our

way of advancing our understanding of the physical and chemical processes through

which aerosols and clouds interact and consequently as to how precipitation is affected

[Houghton et al., 2001]. Further, the IPCC report urges the researchers to adopt

activation (CCN becoming cloud droplets) methods that take the physico-chemical

properties into account while computing this most important link in aerosol-cloud

interactions.
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Some researchers used the more physical approach based on Kohler theory of the

behavior of a solution droplet in equilibrium with the ambient water vapor field [Ek-

man et al., 2004a]. But Nenes et al. [2001] reported that this approach overestimated

the cloud droplet concentration due to kinetic limitations of mass transfer between

aerosols and ambient atmosphere as the aerosols grow by condensing water vapor

from the ambient atmosphere.

Several researchers urged that the representation of cloud droplet formation from

aerosols (called activation of aerosols) should be based on time-dependent calculation

of mass transfer between aerosols and the ambient atmosphere. To achieve this goal,

the aerosol activation model of Steele [2004], Modified Eulerian-Lagrangian Aerosol

Model (MELAM), has been coupled with the cloud resolving model of Wang and

Chang [1993]. MELAM computes the mass transfer to and from aerosols by solving a

time-dependent diffusion equation while taking into account the chemical composition

and size distribution of the aerosols. This coupled model is described in chapter 3.

Dynamics & Microphysics Most of the early researchers looked at the aerosol-

cloud interaction as a problem involving only the microphysics of the cloud and the

effects of aerosols on the microphysics.

But establishment of a causal relationship necessarily requires that other factors

such as the kind of atmosphere in which the cloud evolves – maritime or continental

– and the vertical profiles of moisture and static stability of the atmosphere be taken

into account. Further, the response of cloud microphysics to aerosol changes during

formation of the cloud impacts the dynamical structure of the cloud which in turn

affects the microphysics. Thus, the study should take into account interplay between

the dynamical fields in the cloud and microphysical evolution [Khain et al., 2004,

2005].
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1.3 Goals

Towards a study of aerosol-cloud-precipitation interactions in the context of deep

convective clouds, the following are the objectives of this thesis.

1. Development of a coupled model in which the aerosol activation is computed tak-

ing into account the full aqueous chemistry and size distribution of the aerosols.

Towards this goal, MELAM has been coupled to the cloud resolving model

of Wang and Chang [1993] which computes the dynamical and microphysical

evolution of the cloud.

2. Validation of this coupled model by simulating a deep convective event observed

during the INDian Ocean EXperiment (INDOEX).

3. Studying the sensitivity of deep convection to initial thermodynamic condition.

This study also helps in understanding the sensitivity of the coupled model to

initial thermodynamic condition.

4. Studying the effect of increased aerosol concentrations on deep convection, par-

ticularly the interplay of dynamics and microphysics. To facilitate comparison

of results with similar experiments by earlier researchers, this study looks at

the response of a deep convective cloud to extreme aerosol concentrations –

a low concentration representing pristine conditions and a high concentration

representing polluted atmosphere.

5. As the figure 1-1 shows, the aerosol concentrations in the tropical atmosphere

are typically between 100 /cm3 and 2000 /cm3. So, a study of the response of

deep convection to this range of aerosol concentrations may shed new light on

the physical processes in aerosol-deep convection interactions and precipitation

formation in these clouds.
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1.4 Outline of the Thesis

Chapter 2 of this thesis discusses aerosol activation in terms of Kohler equilibrium

theory and the implications of the equilibrium assumption, the concept of cloud con-

densation nuclei, representation of aerosol activation in cloud models and their limi-

tations, all of which point to the need for a new model. The chapter further discusses

the known theory of precipitation formation processes to set the stage for the discus-

sion in the subsequent chapters. The chapter reviews some of the most important

observational and numerical modeling studies of aerosol-deep convection-precipitation

interactions and the wealth of knowledge they have generated for furtherance of the

cause.

Chapter 3 describes the aerosol activation model (MELAM), the cloud resolving

model and the development of a coupled model.

Chapter 4 describes the data collection during INDOEX. This data is used to

evaluate the model and also as initial conditions in the subsequent experiments.

Chapter 5 describes the simulation of a deep convective cloud observed with an

aircraft during INDOEX. The observed mean properties of the cloud are summarized.

The comparison of model results simulated cloud fields are compared with the ob-

servations at different vertical levels. The results of the statistical comparison are

discussed.

Chapter 6 describes the sensitivity of the model to initial thermodynamic condi-

tion. This experiment can also be seen as the response of a deep convective cloud to

the initial convective available potential energy (CAPE). The evolution of dynamical

and microphysical fields are discussed as is their role in precipitation formation.

Chapter 7 describes the study of the effect of increased aerosol concentrations.

This study is similar to most of the previous numerical studies in which a low and a

high aerosol concentrations are used. The study looks at the evolution and interplay

of buoyancy and precipitation.

Chapter 8 is about the response of deep convection and precipitation from deep

convection to a range of aerosol concentrations. This study reveals that at the inter-
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mediate concentrations, a new precipitation enhancement is observed. The mecha-

nism of this enhancement is discussed using ice and liquid drop microphysics.

Chapter 9 concludes with a summary of these experiments and the most important

findings with future perspectives to validate some of the findings of this work and

advance the understanding of changes in precipitation formation brought about by

aerosols.
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Chapter 2

Aerosol-Cloud Interactions

2.1 Introduction

Aerosols that can absorb or adsorb water molecules from the ambient atmosphere are

important for cloud formation. Since these aerosol particles act as embryos for the

formation of cloud droplets, the number of cloud droplets that form is a function of

the number of aerosols with affinity for water present in the atmosphere. Because the

water-affinity of these aerosols depends on their chemical composition, the chemical

composition of the aerosols becomes another important factor in cloud formation.

Further, the sizes of the cloud droplets that form also depend on the sizes of the

aerosols. If the drops that form are smaller, precipitation formation via collision-

coalescence is retarded, and the long living clouds reflect the incoming solar radia-

tion longer. Twomey [1977] argued that increases in aerosol concentrations result in

smaller cloud droplets that enhance the colloidal stability of the clouds leading to

longer living clouds. Thus increased aerosol concentrations lead to cooling the atmo-

sphere as less solar radiation reaches the ground. This is the aerosol indirect effect.

But this effect is more relevant to the stratocumulus clouds which have longer life

times, low updraft speeds and water contents.

The effects of aerosols on deep convective clouds may be very different from those

expected from the above argument. Deep convective clouds have large water vapor

concentrations, updraft speeds and also have shorter life times. Since this work is
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about the impacts of aerosols on precipitation forming processes in deep convective

clouds, and because deep convection has richer dynamics than drizzling clouds, the

response of dynamics is also very important.

2.2 Aerosol Activation

Cloud droplets can not form in the natural atmosphere by spontaneous collision of

water molecules and subsequent sticking together as the supersaturations required

for this homogeneous nucleation of cloud droplets are several hundreds of percent

which do not occur in the natural atmosphere. Rather, the cloud droplets form by

heterogeneous nucleation in which the hydrophilic aerosols act as embryos.

Kohler described the theory of the behaviour of small solution droplets in a water

vapor field. These small solution droplets are water drops in which a chemical salt like

ammonium sulphate or sodium chloride is dissolved. The subsection 2.2.1 discusses

the equilibrium behavior of pure water drops in a water vapor field and the subsection

2.2.2 discusses that of solution droplets in a water vapor field.

2.2.1 Kelvin Equation

Kelvin considered the phase equilibrium of pure water drop in a field of water vapor.

This system consists of two components – air and water. So, this system has three

degrees of freedom according to the phase rule. If the temperature and the total air

pressure are held constant, the variations of water vapor pressure with the radius of

the drop is expressed by [Pruppacher and Klett , 1998]

−2Vw,0

T
d

(σw/a

a

)

+ R d lnav = 0 (2.1)

where Vw,0 is the water vapor pressure in the ambient atmosphere, T is the temper-

ature, σw/a is the surface tension of water with respect to air, a is the radius of the

water drop, R is the universal gas constant and av is the water activity of the drop.

If the air is assumed to behave as an ideal gas, then av =
ea,w

p
where ea,w is the
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saturated vapor pressure of water vapor over the droplet surface and p is the total

pressure.

With these assumptions and ignoring the compressibility of water, the above equa-

tion can be integrated to

ea,w

esat,w
= exp

(

2Mw σw/a

R T ρwa

)

(2.2)

This is called the Kelvin equation. esat,w is the equilibrium water vapor pressure

over a bulk water surface, Mw is the molecular weight of water, and ρw is the density

of water.It shows that the saturation vapor pressure over the surface of a water

drop is larger than that over a flat surface, and the increase of saturation vapor

pressure increases with decreasing radius of the drop. Since equilibrium is assumed,

the saturation vapor pressure over the drop is equal to the partial pressure of water

vapor in the atmosphere.

2.2.2 Equilibrium of a Solution Drop

Since the cloud droplets grow on soluble chemical particles, they are not pure water

drops as assumed above, but are aqueous solution drops in which a soluble salt of

mass equivalent to the dry aerosol particle is dissolved.

Two key assumptions in the investigation of this equilibrium behavior are:

1. The dissolved salt does not have vapor pressure of its own.

2. The mass of the salt in the drop remains constant.

The first assumption is usually true for all salts in the atmosphere as they are

non-volatile. The second assumption is not strictly always valid. During the initial

stages of cloud formation, the mass of the solute remains fairly constant but after

the drops are formed, there are several mechanisms in which the amount of solute

is changed. Dissolution of atmospheric gases into the drop and different scavenging

mechanisms are examples of these processes.
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This system has three components – air, water and the salt. So, according to the

phase rule, it has four degrees of freedom. But assumption 2 above reduces one degree

of freedom and hence, the system has three degrees of freedom. Further, the relation

between the molar volumes provides the relation [Pruppacher and Klett , 1998]:

1

xw

= 1 +
ns

nw

= 1 +
nsvw

4πa3

3
− nsvs

(2.3)

where vs and vw are the molar volumes of the salt and water; ns and nw are the

number of moles of the salt and water in the drop and xw is the mole fraction of

water in the drop.

Now, the dependence of equilibrium vapor pressure ea,w on radius of the drop is

given by [Pruppacher and Klett , 1998]

−2 vw,0

R T
d

(σs/a

a

)

+ d lnea,w − d lnaw = 0 (2.4)

where vw,0 is the partial molar volume of water in the droplet. Integrating this

equation from a, ea,w, aw to a → ∞, ea,w = esat,w, aw = 1 gives

ea,w

esat,w
= aw exp

(

2Mw σs/a

RTρwa

)

(2.5)

where aw = water activity of the drop.

For a pure drop, aw = 1 and the equation reduces to the Kelvin law. For a flat

surface, a → ∞ and so,
ew,a

esat,w
= aw (2.6)

which is Rauolt’s law which states that the equilibrium vapor pressure of any com-

ponent in an ideal solution is proportional to its mole fraction in the solution.

Robinson and Stokes [1970] consider the mean activity coefficient γ± and molality

m and express the water activity of the drop aw as

aw = exp

(

−ν Φsms(Mw/Ms)

(4πa3/3)ρ′′

s − ms

)

(2.7)
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where ν is the total number of ions a salt dissociates into in the solution, Φs = molal

osmotic coefficient of the salt in the solution, Mw and Ms are the molecular weights

of water and the salt, mw and ms are the masses of water and salt in the drop, and

a is the radius of the drop.

For very dilute solutions, equation becomes

lnSv,w =
A

a
− B

a3
(2.8)

where A =
2Mwσw/a

RTρw
and B =

3νmsMw

4πMwρw
.

If
ea,w

esat,w
≈ 1, that is, near saturation,

Sv,w = 1 +
A

a
− B

a3
(2.9)

This is the famous Kohler equation and it describes the equilibrium behavior of a

solution droplet in a water vapor field.

The important assumptions that went into this description are:

1. The solution drop and the ambient water vapor field are in equilibrium.

2. The dissolved salt has no partial vapor pressure.

3. The mass of the salt remains constant in the drop.

4. The drop solution is very dilute, i.e., ms ≪ mw.

Figure 2-1 shows the equilibrium behaviour described by the equation 2.9. The

radii at which equilibrium vapor pressure is the maximum is called the critical radius

and the corresponding vapor pressure is called the critical equilibrium vapor pressure.

The following are some of the important implications of the Kohler’s theory de-

scribed above.

1. To the left of the critical radius, the solution drop is in stable equilibrium with

the ambient water vapor field. That is, if a small amount of water is added

to the drop, it will attain an equilibrium vapor pressure larger than the vapor
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Figure 2-1: Equilibrium supersaturation over the surface of a droplet. The green
curve is for a pure water droplet, the blue curve for a bulk solution surface and the
red one for a solution droplet. The peak of the equilibrium curve shows the critical
point.

pressure of the ambient atmosphere. So, the drop evaporates to return to its

equilibrium value. Similarly, the drop returns to its equilibrium vapor pressure

also when there is a small evaporation.

2. To the right of the critical radius, the solution drop is in unstable equilibrium.

If it grew slightly, the equilibrium vapor pressure would be lower than the

ambient. Thus, the ambient supersaturation is greater than the vapor pressure

on the drop surface. That is, the growth is only limited by the supply of

water vapor. Similarly, if the drop evaporates slightly, it will have a surface

vapor pressure greater than the ambient vapor pressure and the drop evaporates

further. As more water evaporates, the difference between the vapor pressure

over the drop and that in the ambient atmosphere increases until it reaches the

stable equilibrium point over on the Kohler curve.

If the ambient vapor pressure exceeds the critical value on the Kohler curve,
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there would be no feasible equilibrium size and the particle grows indefinitely

[Seinfeld and Pandis , 1998].

A solution drop that has transitioned from the stable equilibrium on the left of

the critical radius to the unstable equilibrium on the right is said to be activated

and the drop grows indefinitely only limited by the supply of water vapor.

3. The Kohler equilibrium curves are different for droplets of different dry radius

and different composition. Droplets with different compositions have different

supersaturations and so, will be in the different regimes of equilibrium. This

process of activation is central to the formation of cloud droplets as all of the

subsequent processes in cloud evolution and precipitation have a direct bearing

on the size and number of cloud droplets. This is the most important link in

aerosol-cloud interactions. A subsequent section will discuss the representation

of this process in models. The assumptions of Kohler theory would also be

discussed with regard to their efficacy in describing aerosol activation.

2.2.3 The Concept of CCN

If we consider a population of aerosols in the atmosphere, a fraction of them which

attain their critical radii in the ambient vapor field activate to become cloud droplets.

This subset of aerosols that can potentially activate in a cloud are called cloud conden-

sation nuclei. The entry for cloud condensation nuclei in the Glossary of Meteorology

reads:

Cloud condensation nuclei – (Abbreviated CCN) Hygroscopic aerosol

particles that can serve as nuclei of atmospheric cloud droplets on which

water condenses (activates) at supersaturations typical of atmospheric cloud

formation (fraction of one to a few percent, depending on cloud type). Con-

densation of CCN need to be given in terms of a supersaturation spectrum

covering the range of interest or at a specified supersaturation value

Twomey and Wojciechowski [1969] measured the CCN concentrations in various
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atmospheres around the world in a very comprehensive study. Figure 2-2 shows the

median world-wide concentrations in the marine and continental atmospheres and

everywhere, as functions of supersaturation. From the figures, the following inferences

can be drawn:

1. As supersaturation increases, the number of CCN increases.

2. The continental atmospheres have higher CCN numbers.

3. At supersaturations below 10%, the marine atmospheres have a few tens to a

few hundred CCN per cubic centimeter whereas the continental atmosphere has

a few hundred to a few thousand CCN per cubic centimeter.

Using these observations, Twomey parameterized the CCN concentrations as a func-

tion of the ambient supersaturation as :

NCCN = Csk (2.10)

where s is the supersaturation (%) and C and k are constants characteristic of the

ambient atmosphere. This simple parameterization was immediately attractive for the

whole cloud physics community. For modeling cloud formation, this idea of a distinct

subset of the complex aerosol spectrum was very appealing. In fact, the concept

served the cause of research in cloud physics very well. Much of the advancement in

cloud physics during the last four decades is owing to this concept.

But as the understanding of aerosol physics and chemistry advanced and as the

computational power increased many folds, the oversimplifications inherent in the

concept of CCN became difficult to justify with the advances in the different aerosol

processes [Houghton et al., 2001]. The two most important of these oversimplifications

that are mentioned boxed in the IPCC 2001 report are:

1. The measurements of CCN are strictly dependent on the thermodynamic setting

forced upon the aerosol sample let in to the instrument. Those settings do not

resemble the conditions in a cloud. There are many physical and chemical
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processes that make the actual subset of the total aerosol population in a cloud

[Kulmala et al., 1996; Seinfeld , 1999].

2. The concentration of CCN at a particular supersaturation does not translate

into an equivalent concentration of cloud droplets. Even the generally used

statement that increase in aerosol concentration leads to increased cloud droplet

concentration is not necessarily true. For instance, in marine atmospheres, there

is a competition between ammonium sulphate aerosols and sea salt particles

[O’Dowd et al., 1999]. When the sulphate concentration is low, more sea salt

aerosols deplete water faster and inhibit the activation of sulphate aerosols

whereas when the sulphate aerosols are large in concentration, the sea salt

particles add to the activated particles.

In view of the limitations of the idea of CCN and the uncertainties in their measure-

ments, IPCC 2001 recommends the ’Condensational growth of size resolved atmo-

spheric particles’. This approach is discussed in a later chapter in greater detail.

2.3 Representation of Aerosol activation in Nu-

merical Models

Lohmann and Feichter [2005] describe the aerosol-cloud droplet closure or the rela-

tionship between aerosol particles and cloud droplets as the ’weakest point in the

estimates of the aerosol indirect effects’.

Most of the cloud models use Twomey’s formulation as described earlier because

of the simple representation.

Another approach used to calculate CCN activation employed in some models is

based on the theoretical framework developed by Twomey [1959]. In this approach,

the maximum supersaturation (Sv,w)max is computed as a function of vertical velocity

W :

36



(Sv,w)max ≤ C1/(k+2)

[

6.9 × 10−2W 3/2

kβ
(

k
2
, 3

2

)

]1/(k+2)

(2.11)

where C and k are parameters. In this expression, W is in cm/sec, C is in cm−3,

and (Sv.w)max is in percent. β is the beta function. The maximum activeable CCN

concentration, Nmax, at that updraft is given by

Nmax ≡ C2/(k+2)

[

6.9 × 10−2W 3/2

kβ
(

k
2
, 3

2

)

]2/(k+2)

(2.12)

Although this is an improvement over Twomey’s power law, this parameterization

also does not take the chemical composition and size distribution of aerosols into

consideration.

The one notable exception is the use of Kohler formulation by Ekman et al. [2004a]

in which she considers the chemical composition and size of the aerosol particles to

activate using the Kohler formulation. Kohler formulation is advantageous and is

efficient as it takes into account the chemical composition and size of the aerosol

particles.

A parameterization had been developed by Abdul-Razzak and Ghan [2000] based

on Kohler theory that can describe cloud droplet formation for multi-modal aerosol

populations.

It is generally acknowledged that there are issues with Kohler theory. Revisiting

the assumptions of Kohler theory, one of the assumptions is that the solution drops

are in equilibrium with the ambient water vapor field. It implies that the mass

transfer from the aerosols to the ambient atmosphere and nice-versa are instantaneous.

But the assumption of instantaneous equilibration of all the aerosol particles to any

changes in supersaturation leads to a problem with the large aerosol particles [Chuang

et al., 1997]. The water vapor absorbed by those large particles when they activate

may be larger than the total water vapor available at that point in the atmosphere.

But as Nenes et al. [2001] point out that, it does not have an impact on the number

of aerosols activated.

37



But the assumption of equilibrium leads to a wrong estimation of the number

of activated particles due to mass transfer limitations. Chuang et al. [1997] com-

pared the time scale of particle growth under assumption of equilibrium and that for

condensational growth and inferred that the aerosol particles that have their critical

supersaturations less than a threshold value do not have sufficient time to grow to

their critical size and hence can not activate. But these particles would be deemed

activated under equilibrium assumption. Thus the equilibrium models consistently

overestimate the number of cloud droplets.

Nenes et al. [2001] found that there are kinetic limitation mechanisms due to

which particles smaller than the activated one are produced under the assumption

of equilibrium. The following lines discuss these kinetic mechanisms with reference

to the figure 2-3. The figure shows the typical cloud parcel and droplet equilibrium

supersaturation profiles as a function of cloud depth as predicted by adiabatic parcel

theory. The different equilibrium growth curves are for aerosol particles with different

amount of solute dissolved in them. As the parcel supersaturation evolves (black

curve), the equilibrium supersaturations of the different aerosol particles evolve too.

According to Kohler theory, all the particles whose critical supersaturations are less

than the maximum the parcel has will activate immediately.

But according to condensational growth theory, the time for which the particle en-

counters a supersaturation greater than its critical supersaturation is very important

too. The aerosol must encounter such supersaturations long enough for the aerosol

to grow to its critical size.

The four different scenarios shown in the illustration are discussed below.

1. The yellow curve represents an aerosol particle which activates at parcel super-

saturation, sc3.

After activation, its equilibrium, its equilibrium supersaturation decreases and

always remains less than the parcel supersaturation. Thus, this particle always

remains activated.

2. The blue curve represents a large aerosol particle, that is, it has a large dry
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Figure 2-3: Schematic to illustrate kinetic limitations on mass transfer to aerosols.
The curves represent supersaturations over the drop surface as the cloud parcel rises
and hence as the parcel supersaturation evolves. The curves represent a particle with
no kinetic limitations (yellow), inertial mechanism (blue), evaporation mechanism
(red) and deactivation mechanism (green)
Nenes et al. [2001]

diameter. Thus, the critical supersaturation according to Kohler theory is low.

These particles need very large times to reach equilibrium. But the particles

are almost as large as other activated particles. So, those must be counted as
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activated.

3. The red curve represents an aerosol particle with a high critical supersaturation

sc1. For this particle, the time for which the parcel supersaturation is sustained

greater than the critical supersaturation of the particle (that is , s > sc1 is

not sufficient for the particle to grow to its critical size. Thus, this particle

initially grows as long as s > sc1 but when s < sc1, it starts evaporating. This

mechanism is called evaporation mechanism.

4. The green curve represents the aerosols which are activated initially but during

the evolution of the parcel supersaturation sc2, it becomes lower than the equi-

librium supersaturation of the particle and the particle starts evaporating. Thus

this droplet evaporates and the water vapor added to the ambient atmosphere

allows the other particles to grow. Nenes et al. [2001] call this deactivation

mechanism.

Their experiments showed that because of these kinetic limitations, the equilib-

rium assumption overpredicts the cloud droplet number by less than 10% for pristine

marine aerosol and by more than 40% for continental aerosols.

Mass Redistribution A population of non-monodisperse aerosol particles can

never be in equilibrium [Colbeck , 2008].If we consider two aerosol particles of different

sizes, then the equilibrium vapor pressure over those particles is different because, by

Kohler equilibrium theory, it depends on their sizes. So, in cases where the ambient

supersaturation falls between the equilibrium supersaturations of these two particles,

the smaller particle would evaporate while the larger one would grow. Thus, in a way,

water molecules are transfered from the smaller drops to the larger one. This kind

of redistribution mass can occur due to several effects – different amounts of salt in

the two particles, different sizes, radiative cooling or heating of the drops. Although

these effects are negligible for monodisperse aerosols, they become pronounced as the

chemical composition and size distribution vary greatly.
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2.3.1 Need for a New Model

To address some of the limitations discussed above and to accurately predict the

cloud droplet number realistically, a new model to calculate aerosol activation at

realistic water vapor concentrations in clouds, taking into consideration the aerosol

composition and size distribution is needed. Modified Eulerian-Lagrangian Aerosol

Model developed by Steele [2004]. MELAM computes activation using a condensa-

tion scheme which calculates the kinetic condensation rates and the growth of the

aerosol particles is constrained by conserving the total water budget during conden-

sation. This model is discussed in greater detail in the next chapter. This explicit

computation of aerosol activation is expected to result in accurate prediction of cloud

droplet number concentrations from aerosol concentration. At the same time, it is

also expected to fulfil the demand of the aerosol-cloud research community that con-

densation growth of aerosols be used in cloud models to simulate aerosol activation

[Lohmann and Feichter , 2005; Seinfeld , 1999; Houghton et al., 2001].

2.4 Precipitation Formation

Precipitation-sized particles can not form in a cloud by condensation processes only

[Rogers and Yau, 1989] . As the cloud droplets grow larger condensing water vapor,

their rate of growth becomes low. Precipitation formation inevitably consists of a

collection process in which the cloud droplets or the ice particles collide and coalesce

to form a larger drop/particles. This section will discuss some of the important

mechanisms involved in precipitation formation.

For a given amount of condensed water, the size of the smaller drops increases

faster than that of the larger ones Curry and Webster [1999]. Figure 2-4 shows the

growth rate of a drop by diffusion (condensation) and accretion processes. Below

∼ 20 µm radius, the growth of the drop is predominantly by diffusion and after

∼ 20 µm, it is by accretion. Accretion is the process in which the drops/particles

collide and stick together to form a larger drop. This mechanism for liquid drops is

also called collision-coalescence.
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Figure 2-4: Droplet growth rate only by diffusion (dashed) and only by accretion
(dotted). The solid curve represent the combined growth rate. Diffusional growth
rate decreases with radius, while accretional growth rate increases with radius [Curry
and Webster , 1999]

2.4.1 Collision-Coalescence

As the cloud drops grow to a radius of ∼ 20 µm, their terminal velocities are appre-

ciable and they start falling and while doing that, collide with other cloud droplets

in their path and a fraction of these collisions results in the two colliding droplets

sticking together to form a larger drop. This mechanism of formation of larger drops

is the single most important mechanism of formation of precipitation-sized drops in

the warm (> 0◦C) region of the atmosphere. This process also happens in the upper

layers of the troposphere but has greater relevance in the lower warm region because

the concentration of the cloud droplets is the greatest in that region. A drop of radius

R that falls through a population of smaller droplets can collect droplets of radius r

while sweeping out a volume per unit time given by

π(R + r)2[uT (R) − uT (r)]n(r)E(R, r) (2.13)
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where uT (R) and uT (r) are the terminal velocities of the collector and collected par-

ticles; n(r) is the particle size distribution and E(R, r) is the coalescence efficiency.

This expression shows that the efficiency of this process is greater when

1. uT (R) − uT (r) is large: this is again an implication of the existence of some

large drops as terminal velocities increase with the size of the drops.

2. the number concentration of the droplets n(r) is large.

Figure 2-5: Computed collision efficiencies of spherical water drops in still air as a
function of the radius of the collector drop radius (a1) and the collected drop radius
(a2). Each curve is labeled with the collector drop radius. [Pruppacher and Klett ,
1998]

Figure 2-5 [Pruppacher and Klett , 1998] shows the theoretically computed collision

efficiencies as a function of drop sizes. This figure shows that as discussed earlier,

the collision efficiency of the cloud drops is very low till the drops attain the size of

∼ 20 µm.
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Figure 2-4 [Curry and Webster , 1999] shows the drop growth rates by diffusion

and accretion (collision-coalescence) as a function of the drop radius. Droplets smaller

than 10 µm grow efficiently by diffusion and those larger than 25 µm grow faster by

accretion. There is a window between 10 µm and 25 µm where the growth by both

processes is slow. For precipitation-sized particles to form, the larger drops have to

grow ∼ 25 µm rapidly.

The following mechanisms have been proposed to bridge the gap between ∼ 10 µm

and ∼ [25 µm so that there are some large drops which can start collision-coalescence

[Levin and Cotton, 2008].

1. Presence of giant hygroscopic aerosols : This is the case usually in marine

atmospheres where the giant sea salt aerosols turn collision-coalescence very

efficient. This is also the basis for hygroscopic cloud seeding where giant aerosol

particles at 2 − 5 /cm3 are introduced to accelerate collision-coalescence.

2. Turbulence effects on condensation : The inhomogeneous updrafts at cloud base

create inhomogeneous supersaturations and the particle growths are different.

Thus the cloud droplet size spectrum is broadened.

3. Turbulence effects on collision-coalescence : Turbulence can enhance the effi-

ciency of collision-coalescence by

• enhancing the collision efficiencies as the droplets accelerate in a turbulent

flow rather than fall at their terminal velocities [Koziol and Leighton, 1996].

• creating differential fall speeds of the drops [Pinsky and Khain, 1997b] and

• increasing the droplet concentration due to spatial inhomogeneities [Pinsky

and Khain, 1997a].

4. Radiative cooling of drops : Radiative cooling of drops lowers the surface tem-

perature of the drops and the equilibrium vapor pressure of the drops is reduced

due to the reduced temperature. Thus, the drops grow by diffusion. But this

can happen when the cloud droplets are at the top of the cloud. So, this is not

a very common process.
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In summary, the marine warm-based (hence greater water vapor concentrations)

are most efficient in precipitation formation. They also have sea salt aerosols which

act as giant nuclei. Because of the large water vapor concentrations, they also have

large condensate mass.

Formation of precipitation by collision-coalescence is very efficient also because

the lagrangian time scales of the precipitation particles is short, that is, because they

form closer to the ground, their evaporation is lower before they reach the ground. In

the next subsection, precipitation formation by ice particle mechanisms is discussed

in which the precipitation particles fall from greater heights and hence evaporation

losses are compared to the precipitation from collision-coalescence.

2.4.2 Ice and Mixed Phase Processes

In deep convective clouds which reach heights of ten kilometers an more, nucleation

of ice particles , their growth and their interaction with other ice and liquid particles

leads to precipitation. The following lines describe some of the important mechanisms

in ice growth that are relevant to deep convective clouds.

1. In a mixed phase region of a cloud, in which supercooled liquid drops are abun-

dant, the atmosphere is almost saturated with respect to water. But since ice

has a lower equilibrium saturation at the same temperature, the atmosphere is

supersaturated with respect to ice. So, in such a situation, the ice particles grow

by deposition of water vapor and as the atmosphere is under-saturated, the su-

percooled drops evaporate to bring the atmosphere to saturation again. Thus,

the ice particles grow rapidly than liquid drops. This may lead to precipitation-

sized particles.

2. Riming is the process in which ice particles collide with the liquid drops which

then freeze. Riming can result in heavily rimed ice particles, graupel parti-

cles.If the atmospheric conditions are favourable – sufficient concentration of

supercooled drops, sufficient cloud depth and sufficiently strong updrafts – hail

stones can also form.
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Ice particles can also collide with other ice particles to produce aggregates.

Borys et al. [2000, 2003] found that if the concentration of cloud droplets increases

and hence their average size decreases, riming may be retarded due to the lower

collection efficiency of cloud droplets by the ice particles. This result becomes very

relevant in a subsequent chapter where the collection efficiencies of liquid drops by

ice particles is studied. The different aspects of precipitation forming processes are

discussed in subsequent chapters in the context of the relevant atmospheric conditions

and pathways.

2.5 Previous Studies

Understanding the effect of aerosols on the structure, microphysics and precipitation

has remained one of the focal area of research in atmospheric science for almost fifty

years. In the initial years, the spearheading works of Gunn and Phillips [1957], Squires

[1958], Squires and Twomey [1961], and Warner and Twomey [1967] pointed out that

the increasing concentrations of cloud condensation nuclei from industrial sources

increased cloud droplet concentration thus reducing the collision-coalescence efficiency

leading to reduced precipitation efficiency and enhanced microphysical stability of

clouds.

But one of the severe constraints on elucidating aerosol-cloud interactions in the

sense of cause-and-effect relationships is the wide spectrum of aerosol composition,

concentrations and a similarly diverse atmospheres in which the clouds evolve in terms

of their characteristics like moisture content, stability and cloud types.

For instance, the boundary layer clouds are very sensitive to vertical profiles of

moisture and stability [Levin and Cotton, 2008] but the deep convective clouds are

less sensitive to small changes in moisture and temperature in the boundary layer but

are very sensitive to the convergence of sensible and latent heat in the lower levels

and to the stability profile.

In the following subsections, some of the previous attempts to understand the

interactions between aerosols and clouds via observations and numerical modeling
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are discussed.

2.5.1 Observations

Aerosol Activation

Figure 2-6: Aircraft measurements of cloud droplet number concentration increase
with aerosol number increase in different atmospheres. The red line is from a theo-
retical fit of the INDOEX data for the Arabian Sea. [Levin and Cotton, 2008]

The most important link in aerosol-cloud interactions is the relationship between

aerosol concentration and cloud droplet number concentration. Simultaneous aircraft

measurements of CCN and cloud droplet concentrations have shown that largely irre-

spective of location, cloud droplet concentrations increased with CCN concentrations

[Leaitch et al., 1992; Taylor and McHaffie, 1994; Chuang et al., 2000; Ramanathan

et al., 2001]. However the cloud droplet concentration tapers off with further increase

in aerosol concentration as can be seen in the figure2-6 [Levin and Cotton, 2008]. The

large variations in this figure are attributed to the following facts:
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1. CCN are only the activable fraction of the total aerosol concentration and

this fraction is dependent on the size distribution and chemical composition

of aerosols.

2. Activation and hence cloud droplet concentration depends on the updraft speeds

in the clouds. In the North Atlantic case in figure 2-6, a large fraction of the

aerosols were activated whereas in the Arabian Sea case, the activated frac-

tion is less. The North Atlantic case was a deep convective event where the

updrafts were greater than 10 ms−1 [Levin and Cotton, 2008] where as in the

Arabian Sea INDOEX case, the updrafts were small [AJ. Heymsfield, personal

communication, December 22, 2008] and hence lower activations.

Further, the total aerosol concentration also depends on the range of measure-

ment. Although the particles smaller than ∼ 10−20 nm contribute to the total

aerosol concentration, they cannot be easily activated.

McFiggans et al. [2005] concluded that observations of CCN activation can be

seen in the right perspective with a comprehensive understanding of the particle

sizes, chemical composition, mixing state, and surface coating. It also has to

be noted that the vertical velocities in the actual clouds are not uniform in

space and time. The subsequent processes after cloud droplet formation like

mixing with entrained air, coalescence and precipitation affect the observed

cloud droplet number concentrations.

Cloud microphysics

As discussed earlier, Twomey and Warner [1967] and Warner and Twomey [1967]

observed that smoke particles from sugarcane fires enhanced the cloud droplet con-

centrations and reduced the cloud droplet size. They reasoned that these two factors

together retard the growth of rain drops by collision-coalescence.

The most comprehensive observational study of aerosol impact on cloud micro-

physics and precipitation development has been the aircraft and ground-based ob-

servational campaign in the Amazon region Andreae et al. [2004]. This study has
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Figure 2-7: The drop size distributions at different altitudes in a number of Amazo-
nian clouds. The drop size distribution is broadened in the ’blue ocean’ and ’green
ocean’ situations. The drop size distributions in the case of ’smoky clouds’ and ’pyro-
clouds’ are narrow. [Andreae et al., 2004].
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great relevance to the present thesis because this stands out as the only observational

campaign to study aerosol effects on precipitation from deep convective clouds. The

observations were categorized into four classes of clouds:

1. Maritime shallow clouds : These clouds had low CCN concentrations so, cloud

droplets in low concentrations and there were a few larger drops. These clouds

were shallow. These clouds were termed ’Blue Ocean’. Figure 2-7 shows these

clouds in the top left panel. The widening of the drop size distribution with

height shows that precipitation formed efficiently.

2. Pristine continental clouds : These are the clouds observed inland in the western

Amazon in the pristine atmospheres. These were observed in the rainy season.

These clouds had low CCN concentrations as CCN were scavenged by rain.

Thus even though they developed in continental conditions, they had CCN

concentrations characteristic of maritime atmospheres. So, Andreae et al. [2004]

called them ’Green Ocean’.

3. Smoky clouds : The high CCN concentrations from smoke from fires in the dry

season persisted in the atmosphere because of the lack of rain which could scav-

enge them. The authors found that these high CCN concentrations resulted in

high concentrations of cloud droplets hence the narrower drop size distribution

in the lower left panel in the figure 2-7. Because of the narrow size distribution,

collision-coalescence was inefficient and the drops continued growing condensa-

tion to higher altitudes. It was inferred that ice could form in these clouds.

These were deep convective clouds which produced lightning, hail and heavy

precipitation.

4. Pyro-clouds : These clouds ingested smoke and heat from biomass fires. The

high concentrations of CCN produced large concentrations small drops. Thus

warm rain was suppressed. The rain probe did not measure any rain drops

although the clouds were very deep.
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Vertical Profiles of Droplet Effective Radius

Rosenfeld and Lensky [1998] used satellite observations to retrieve the vertical profiles

of effective radius of cloud droplets. They assumed that the different similar in

structure – same cloud base heights and similar droplet growth. Freud et al. [2005]

validated this assumption by in-situ aircraft measurements. Based on the cloud top

heights and the cloud top temperatures, they found that the cloud droplet effective

radius increases as the depth of the cloud increases and, in continental clouds with

higher cloud droplet concentrations, the growth of the particles is slower than in the

maritime ones which have lower droplet concentrations.

This technique was used by several researchers to study the impact of different

aerosol populations on convective clouds [Rosenfeld , 1999; Rosenfeld et al., 2001, 2002;

Rudich et al., 2002, 2003; Koren et al., 2005; Fromm et al., 2006].

Largely, these studies are in agreement with in-situ measurements. Rosenfeld

et al. [2001] reported that precipitation particles were found when the droplet effective

radius was greater than 14µm.

Koren et al. [2005] analyzed convective clouds and detected systematic impacts

of pollution, desert dust and biomass burning aerosols on the development. Cloud

droplet sizes were decreased by ∼ 20% in the high aerosol cases. They also found

that increase in aerosol concentrations resulted in taller clouds and higher cloud cover.

These results were simulated by [Khain et al., 2005; Teller and Levin, 2006].

Effect on Precipitation

Most of the aerosol-cloud interaction research for the past five decades dealt with

the effects of aerosols on cloud formation and microphysics. Although some studies

looked at the formation and development of precipitation embryos, measurement of

precipitation reaching the ground still remains a challenge.

Warner [1968] studied the effects of sugarcane smoke on rainfall but remained

inconclusive. Hobbs et al. [1970] observed an increase of ∼ 30% in rainfall from warm

clouds impacted by pollution from paper mills. Many researchers reported increase
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in precipitation from areas downwind of paper mills. This observation also led to the

technique of precipitation enhancement using hygroscopic particles to broaden the

cloud droplet spectrum.

In a recent study, Lin et al. [2006] looked at the effects of forest fires on precipita-

tion from convective clouds in the dry season in the Amazon. They reported increased

cloud depths and precipitation. They reasoned that the convection was invigorated

resulting in great ice particle formation and growth.

Since measurement of precipitation that reaches ground is still an obstacle, the

theory of effect of aerosols on precipitation is still incomplete.

2.5.2 Aerosol Effects on Clouds : Numerical Modeling Stud-

ies

Most of the aerosol-cloud interactions studies until recently looked mostly at the effect

of aerosol concentration on cloud droplet size hence on the scattered radiation. Since

deep convective clouds usually have very reflecting anvils as tops, they are they are

not very susceptible to changes in cloud droplet radius. Also because the life times of

small cumulus and deep convective clouds are not as large as those of stratocumulus

clouds, changes in their scattering properties are not very important.

But because deep convective clouds create heavy precipitation, changes in their

precipitation characteristics are important. As a result, almost all of the studies

of aerosol effects on these clouds concern their precipitation formation characteris-

tics. This subsection would discuss some of the important studies in this context.

As discussed in the subsection [representation], most of these studies use Twomey

parameterization for aerosol activation.

[Khain et al., 2005] Khain et al. [2005] used the Hebrew university Cloud Model

to study the various microphysical processes in precipitation formation in deep con-

vective clouds. The model uses spectral (bin) microphysics to compute the cloud

microphysics. They used the atmospheric conditions measured by Rosenfeld and

Woodley [2000] during cloud observations in Texas. The atmosphere was assumed
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to be of continental character and they considered maritime aerosol concentration

(100 /cm3) and continental (1260 /cm3).

The simulations showed that increased aerosol concentrations resulted in smaller

cloud droplets and ice particles. Because the atmosphere was considered to be con-

tinental, it was largely dry in the upper layers. As a result of increased aerosol

concentrations, both precipitation and precipitation efficiency decreased. They rea-

soned that as the precipitation particles fell through the dry air, they evaporated and

hence the decrease in precipitation and precipitation efficiency.

[Khain et al., 2004] Khain et al. [2004] used the Hebrew University Cloud model

described above to conduct comprehensive simulations of aerosol effects on the mi-

crophysical and dynamical structure and evolution deep convective clouds forming in

continental thermodynamics conditions. They used the initial atmospheric conditions

measured by during observations of deep convective events in Texas by Rosenfeld and

Woodley [2000].

Their experiments showed that aerosol concentrations have a crucial effect on

both warm and mixed phase precipitation. When the CCN concentrations (hence

droplet) are low, diffusion growth led to formation of sufficiently large cloud droplets

for collision-coalescence to be triggered. The rain drops fell down or were frozen in

the upper cold layers of the atmosphere and graupel particles were larger. As a result,

the precipitation from both collision-coalescence and mixed phase processes formed

efficiently.

The accumulated rain in their experiments showed a monotonic decrease with

increasing aerosol concentrations. They consider it the main conclusion of their study.

Increased aerosol concentration led to stronger cloud updrafts. Thus the altitude of

precipitation formation is elevated and the size of the precipitation particles decreased.

Since the particles fell from higher altitude and because of their small sizes have

lower terminal velocities, they have longer lagrangian times of fall and hence more

evaporation. Thus the coupling of microphysics and dynamics leads to precipitation

suppression.
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[Khain et al., 2005] Khain et al. [2005] studied some of the mechanisms through

which aerosol concentrations affected cloud microphysics, dynamics and precipitation.

The model used was the same as the one mentioned above. The aerosol concentrations

considered were 100 /cm3 and 1260 /cm3 as in the above cases. They considered two

different atmospheric conditions: a maritime one and a continental one.

In the continental conditions, increasing aerosol concentration from 100/cm3 to

1260/cm3 led to delayed and decreased precipitation. The cloud water content and

rain water content in the high aerosol case are higher than those in the 100/cm3

case. But the conversion of these water contents into precipitation was inefficient.

They inferred that the low precipitation efficiency meant that the greater growth

of droplets by condensation led to significant release of latent heat. Similarly, the

deposition of ice particles and freezing of droplets contributed to heating. And this

heat released was largely neutralized by the absorption of heat in drop evaporation

and ice sublimation and melting.

In the maritime conditions where the air has greater moisture content, they found

that increased aerosol concentration may lead to increased precipitation if the evap-

oration losses are small. Thus while studying the effect of aerosol concentrations on

deep convection, it is important to keep the atmospheric conditions in view to gain

the right perspective.

[Wang , 2005] Most of the numerical modeling studies of aerosol impacts on clouds

in general, and deep convective clouds in particular, conspicuously consist of a low

aerosol concentration case and a high concentration case. Perhaps, the researchers

believed that the effect could be discernible. This study stands out as a comprehensive

look at a range of aerosol concentrations.

This study uses a cloud resolving model to simulate a tropical deep convective

event observed during the CEPEX in 1993. It is a maritime cloud with CCN concen-

trations increasing from 50 /cm3 to 6000 /cm3.

Wang reports that the ratio of cloud droplet concentration to the initial CCN

concentration decreases with increasing CCN concentration up to 2000 /cm3 and the
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ratio is constant for further increase in CCN concentration. In general, the convec-

tion is invigorated due to increased latent heat due to the increase in cloud droplet

number concentration. The total precipitation monotonically increases with aerosol

concentration due to greater content and number density of ice and graupel particles.

One result that is at variance with other studies is that the precipitation effi-

ciency increases with CCN concentrations and after about 1500 /cm3, it saturates.

Most other studies found that the precipitation efficiency decreases with CCN con-

centration. It is possible that this result is valid for the kind of atmosphere considered

and the assumptions in the model.

The study notes that most of the effects saturate after a CCN concentration,

roughly varying as the logarithm of the CCN concentration.

[van den Heever and Cotton , 2007] van den Heever and Cotton [2007] used

the Regional Atmospheric Modeling System to study the effect of urban aerosol con-

centrations on deep convective clouds developing over urban areas. She considered

two CCN concentrations 1200 /cm3 and 2000 /cm3 which are representative of rural

and urban atmospheres. They were measured during METROMEX. The simulated

storm had a CAPE of 1500 J/Kg.

Their results results showed that once a deep convective storm develops, the

aerosols modulate the dynamics and microphysics. As CCN concentrations changed

from rural to urban, the formation of cloud and rain water was delayed. The liquid

and ice condensates were less and precipitation decreased.

But when a few giant nuclei were added, the clouds lasted longer and precipitation

was enhanced too. Further, the ice and liquid water contents were higher.

Thus, the author finds it difficult to categorically conclude the impacts of urban

enhanced CCN and giant CCN on downwind convection and precipitation.

[Fan et al., 2007] Fan et al. [2007] used the Hebrew university cloud model to

simulate a deep convective event observed on 24th August, 2000 in Houston, Texas.

This study reports that increased activated particles resulted in longer cloud life
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time, larger cloud sizes, formation of secondary clouds and the precipitation was

enhanced.

[Teller and Levin, 2006] Teller and Levin [2006] used a 2D-cloud model to study

the effect of aerosol concentration on cloud droplet growth processes and precipitation.

They considered the aerosol concentrations 100, 300, 600, 900 and 1370 per cubic

centimeter.

Their results showed that as the aerosol concentrations increased from 100 /cm3 to

1370 /cm3 precipitation was suppressed and the initiation was also delayed. Also, the

introduction of giant CCN enhanced the total precipitation on the ground in polluted

clouds but the cleaner clouds did not respond to giant CCN. The introduction of giant

CCN increased graupel content and the rainfall was enhanced. Although giant CCN

caused more rain, the increase in rain due to giant CCN was very small compared to

the reduction in precipitation due to increase in CCN.
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Chapter 3

The Models

3.1 MELAM

The dependence of activation of aerosols on their composition and mixing state is,

as discussed in the previous chapters, is the biggest puzzle in understanding aerosol-

cloud interactions [Berg et al., 1998; Crumeyrolle et al., 2008; Lohmann and Feichter ,

2005; McFiggans et al., 2005; Nenes and Seinfeld , 2003]. Mixed Eulerian-Lagrangian

Aerosol Model of Steele [2004] is the most sophisticated aerosol model for simulat-

ing aerosol activation and cloud formation. The next few subsections describe the

representation of aerosols, the thermodynamic state of aerosols, equilibrium and non-

equilibrium, and dissolution of gases. Unlike all the other models used by the research

community, MELAM can accurately model activation of very complex aerosol popu-

lations. It was used to accurately model the sensitivity of aerosol activation to aerosol

mixing state, complex composition, and multiple aerosol populations. Although the

author’s intended goal is to use the model to develop parameterizations for use in

global climate models, I consider the challenge of coupling it with a cloud resolving

model to run the two models interactively.

The thermodynamic state of an aerosol consists of its characteristics like ionic

strength, density, water activity, extent of dissolution of electrolyte, pH and the

surface tension of the particle. MELAM tracks all these characteristics of the aerosol

explicitly.
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The inputs to MELAM are the aerosol composition, distribution and mixing state.

The output of MELAM consists of information on aerosol activation, the chemical

state of the aerosols, their size distribution, and the state of cloud droplets.

Other models in the literature parameterize both the inputs and output. The

identification of the activating aerosols from a given aerosol population is the essential

pointer to the impact of aerosols on clouds [Conant et al., 2004].

The next few subsections describe the important structural features of MELAM

that are relevant to the present work.

3.1.1 Aerosol Size Distribution

Aerosol sizes range over several orders of magnitude and composition is also as diverse

as their sources or method of formation. Aerosols are usually represented using bulk,

moment-based, continuous, modal or sectional methods in models describing aerosol

physics [Steele, 2004]. In sectional representation, the mass and number concentration

of aerosols in each size bin are tracked [Jacobson, 1999]. MELAM allows to represent

aerosols in size bins. Multiple sectional distributions may be used. MELAM assumes

the whole aerosol population to be distributed in a log-normal distribution whose

geometric mean radius and geometric standard deviation are prescribed as model

parameters.

3.1.2 Aerosol Thermodynamics

The electrolytic salts present in aerosols dissolve in the solvent – water – in an aerosol

and dissociate into their constituent ions. The resultant properties of the solution

determine the nature of its equilibrium, equilibrium water content, surface tension,

density, pH and the rates of transfer of gases into and out of the particle. MELAM

computes the equilibrium state of the aerosol particles taking into consideration the

chemical composition and size of the particles. The atmosphere is assumed to be

sufficiently humid (RH > 60%) for the electrolytes to be in a dissolved state. The

equilibrium constant of dissociation of the electrolyte, Keq, in a generalized, non-ideal
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solution may be determined as a function of the thermodynamic activity of each of

the chemical species involved as [Tester and Modell , 1997]:

Keq(T ) =
∏

x

akxνx

x (3.1)

where ax is the thermodynamic activity of species x, kx = ±1 according to whether

species x is a product (+1) or a reactant (-1), νx is a stoichiometric coefficient, and

Keq is the equilibrium constant which is a function of temperature.

The activity of an undissociated electrolyte is its molality (mx). The activity of a

dissociated electrolyte is corrected for its non-ideality as

aij = mi
νimj

νjγ
νi+νj

ij (3.2)

where aij is the activity of the dissociated electrolyte, mi and mj are the molalities

of the cation and the anion, νi and νj are the stoichiometric coefficients, and γij is

the mean activity coefficient. γij is a function of the total ionic strength of the ions

in solution. There are a number of theoretical frameworks for computing the mean

activity coefficient γij. MELAM uses the Kusik-Meissner parameterization which is

very accurate [Kusik and Meissner , 1978].

MELAM uses a mass-flux model that computes the condensation rates and the

growth of aerosols is constrained by conservation of water in gas and aerosol phases

together. For subsaturated atmospheres, MELAM uses the equilibrium method by

direct integration of the Gibbs-Duhem equation [Steele, 2004]. Several studies showed

that the equilibrium method is more accurate than the condensational growth method

when the relative humidity is much below saturation [Ferron and Soderholm, 1990;

Resch, 1995]. Further, the equilibration model is also used to initially equilibrate

the dry aerosols to the ambient atmosphere. In this case, the ambient atmosphere

is considered to be an infinite reservoir of water vapor. The particle surface tension

is calculated using Gibbs dividing surface formulation [Li and Lu, 2001]. Aerosol

density is calculated using a simple parameterization developed by Resch [1995].
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3.1.3 Gas-Aerosol Transfer

The center piece of MELAM is the condensation scheme. In computing condensation

rates to or from aerosols, the composition and mixing state are important because they

are essential to resolve the competition for activation [Gillani et al., 1995]. If there

are aerosols of different composition and mixing state, then due to the competition,

the relative rates of condensation on to different aerosols are important to correctly

predict cloud droplet concentration [Chuang et al., 1997]. The challenge in calculating

the condensation rates in the case of a complex aerosol population is the evaluation

of the saturation ratio which is affected by the composition of the droplet, curvature

of the droplet surface (hence size), radiative effects and hydrophilic nature of the

insoluble cores, if present [Colbeck , 2008].

MELAM computes the gas-aerosol transfer of species by two methods. One is the

equilibrium approach discussed earlier.

In the second method, the Fick’s law of diffusion is used in which gradient of vapor

density between the ambient atmosphere and the particle surface drives condensation.

For condensation of water vapor, the difference between the ambient relative humidity

and the modified saturation ratio (ratio of equilibrium vapor pressure over the drop

to the equilibrium vapor pressure over a flat surface of pure water) drives the flux of

water vapor into or out of the solution droplet.

The Diffusion-Limited Growth Model

MELAM assumes that the condensation or adsorption of water vapor on to a droplet

is limited by diffusion and uses Fick’s law of diffusion as discussed above . For a

quasi-stationary condensational flux on to or away from a droplet, the Fickian theory

of diffusion. The theory was modified by Maxwell [1990] and Langmuir [1918] by

integrating the diffusion equations under suitable conditions to derive the following

simplified equation:
dma,i

dt
= 4πraDi [ρv,i(∞) − ρv,a(r)] (3.3)
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Here, ma,i is the mass of component i in the particle, ra is the radius of the particle,

ρv,i and ρv,a are the molecular concentrations of the vapor phase in the ambient

atmosphere and on the surface of the droplet, and Di is the molecular diffusion

coefficient of vapor i in air.

But this model overestimates the growth of small aerosol particles [Pruppacher and

Klett , 1998]. This happens because for particles with sizes comparable to their mean

free path, the assumption of ideal gas behavior breaks down and the vapor density

in moist air is not continuous right up to the drop surface [Fukuta and Walter , 1970;

Pruppacher and Klett , 1998].

When Di is corrected for non-ideal behavior and time dependence, the model

agrees well with measurements [Jacobson, 1999; Gorbunov and Hamilton, 1997; Gor-

bunov et al., 1998; Pruppacher and Klett , 1998; Ansari and Pandis, 2000].

Condensation of water vapor at the surface of the drop causes warming due to re-

lease of latent heat. Fitzgerald [1972] found that this results in a temperature gradient

and hence conduction of heat away from the drop. Correction for the aforementioned

effects gives the following equation for the mass flux form of the growth equation:

dmi

dt
= 4πraD

′

i(Pi − Pa,i,s)

[

D′

iLiPa,i,s

k′

dT
(
LiMi

R∗T
− 1) +

R∗T

Mi

]

−1

(3.4)

Here, k′

d is the corrected thermal conductivity of dry air, R∗ is the gas constant,

T is the temperature, Li is the latent heat of condensation of component i, D′

i is

the corrected molecular diffusion coefficient, ma,i is the mass of component i in the

particle, Pi is the ambient partial pressure of the condensing gas, Pa,i,s is the saturation

vapor pressure of vapor i at the surface of the particle, and Mi is the molecular mass.

Using the equation of state, and assuming a rate constant ki, the mass transfer

rate can be cast into an ordinary differential equation:

dci

dt
= ki(Ci − Ca,i) (3.5)

where ci is the water molecule concentration in the aerosol phase, Ci and Ca,i are the

water molecule concentration in the ambient atmosphere and the effective saturation
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water molecule concentration just above the drop surface. Ca,i can be assumed to

be a product of a dimensionless equilibrium saturation ratio of the particle-specific

near-surface concentration to the saturation concentration over a flat interface of

an equivalent solution, and the equilibrium concentration over a bulk surface of an

equivalent solution. The rate constant is determined to be [Jacobson, 1999]

ki = 4πraD
′

i

[

D′

iLiMiSa,iCs,i

kdT
(
LiMi

R∗T
− 1) + 1)

]

−1

(3.6)

Further, the molecular diffusion coefficient Di is corrected for collisional geometry,

sticking probability and ventilation effects [Steele, 2004]. Thus, the mass transfer

equation becomes:
dCw

dt
= kwCs,w(RH − S ′) (3.7)

where Cw = aerosol water content, kw = effective condensation rate constant, Cs,w =

saturation water vapor concentration with respect to a flat interface with liquid water

at the local pressure, RH = relative humidity of the ambient atmosphere and S ′ =

supersaturation correction.

This equation is used to solve diffusion of water vapor into the droplet.

Activation According to Kohler theory, if the droplet radius is larger than its

critical radius, the droplet is deemed to be activated. But in such a formulation of

condensation as above, this activation criterion leads to problems like varying surface

tension with changing electrolyte molalities. MELAM defines an aerosol as activated

if dS′

dr
is negative. In other words, growth is favoured over evaporation as radius

increases.

3.2 Cloud Resolving Model

The cloud resolving model that has been used to compute the cloud microphysics and

dynamical fields was developed by Wang and Chang [1993]. It has three important

modules – a cloud physics module, a cloud chemistry module, and a microphysics
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module. The model has a non-hydrostatic, pseudo-elastic, and multi-dimensional

framework. The cloud physics module together with the microphysics module com-

putes fields like winds, temperature, air pressure and air density. Prognostic micro-

physical quantities include bulk mass mixing ratios of four different hydrometeors –

cloud droplets, rain drops, ice crystals and graupel – and also their number concen-

trations.

The model divides each variable into a grid-scale contribution and a subgrid-scale

contribution. This division is used to derive the equations of motion. The model

assumes a hydrostatic and horizontally homogeneous reference atmosphere.

3.2.1 The Cloud Physics Module

This module is based on the dynamical frame work developed by Klemp and Wil-

helmson [1978]. It assumes pseudo-elastic continuity equation.

As mentioned above, all variables are divided in to a grid-scale and a subgrid-scale

contribution:

F = F + F ′ (3.8)

where F is the grid-scale contribution and F ′ is the subgrid-scale contribution. The

grid-scale contribution is further divided into a base state, F0, which is horizontally

homogeneous and the deviation from the base state, f :

F = Fo + f (3.9)

Continuity Equation The pseudo-elastic continuity equation is

∂π

∂t
=

c2

Cpθ2
v0

ρ0

∂ρ0θv0
uj

∂xj

j = 1, 2, 3 (3.10)

where t is time, xj is the spatial coordinate, uj is the wind speed component along

the jth coordinate axis; c2 = Cp

Cv
Rdπ0θv0

where c is the speed of sound and π is the

deviation of the non-dimensional pressure from the initial unperturbed state Π0, Cp

and Cv are the specific heats of dry air at constant pressure and volume. Rd is the
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gas constant for dry air, ρ is the air density, θv is the virtual potential temperature.

The non-dimensional pressure (Exner function) is defined as

Π =

(

P

P0

)Rd/Cp

. (3.11)

Momentum equation The momentum equations are derived from the primitive

equations in which the Coriolis terms are neglected and they are non-hydrostatic:

1

ρ

∂

∂t
(ρuj) +

1

ρ
ui

∂

∂xj
(ρuj) + ui

∂uj

∂xj
= − Cpθv0

∂π

∂t

+

[

θ

θ0
− 1 − QT + 0.61(Qv − Qv0

)

]

gδi3

+ Eui
i, j = 1.2.3

(3.12)

Here, the second term on the right hand side is the buoyancy. ρ is the density of

moist air, θ is the potential temperature, QT is the condensate drag, Qv is the mass

mixing ratio of water vapor, and (Qv − Qv0
) is the buoyancy due to water vapor

perturbations.
θ

θ0

is the buoyancy change due to temperature changes. Eui
is the

contribution of all the subgrid-scale process to ui. θ is the potential temperature. g

is the acceleration due to gravity and δ is the delta function.

Thermodynamic Equation CRM uses the ice-liquid potential temperature de-

fined by Tripoli and Cotton [1981] which is conserved under phase changes in the

cloud. In terms of the conserved ice-liquid potential temperature, θil, the thermody-

namic equation is

1

ρ

∂

∂t
(ρθil) +

1

ρ
uj

∂

∂xj
(ρθil) + ρθil

∂uj

∂xj
=

θ2
il

θ

[

LlvPl + LivPi

cpMax(T, 253)

]

+ Eθ j = 1, 2, 3 (3.13)

where T is the temperature, Llv and Liv are the latent heats of condensation and

sublimation, Eθ is the subgrid-scale contribution to θil. Pl and Pi are the liquid phase
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and ice phase precipitations. The first term on the right shows that the amount of

latent heat is the latent heat of the amount of precipitation that leaves the atmosphere

as liquid or ice.

Continuity Equations for Hydrometeors The continuity equations for the dif-

ferent hydrometeors consist of different equations for their bulk mass mixing ratios

and their number concentrations:

1

ρ

∂

∂t
(ρQ) +

1

ρ
uj

∂

∂xj
(ρQ) + ρQ

∂uj

∂xj
− 1

ρ

∂ρVtQ

∂x3
= S + EQ (3.14)

for mixing ratios (Q) and

1

ρ

∂

∂t
(ρN) +

1

ρ
uj

∂

∂xj
(ρN) + ρN

∂uj

∂xj
− 1

ρ

∂ρVtN

∂x3
= S + EN (3.15)

for the number concentrations (N).

Here, S is the source or sink of the quantities, Vt is the terminal velocity of

precipitating particles. The Es are the subgrid-scale contributions.

The model can be run in a warm mode when there are no ice processes and a cold

version in which ice and mixed phase processes are allowed. Since the present study

concerns deep convection, the cold version is used allowing for ice and mixed phase

processes.

3.2.2 Microphysics

CRM calculates the transformation rates between different microphysical entities us-

ing a two-moment bulk scheme. Twenty six microphysical processes of transfor-

mations between the different hydrometeors are computed. In this scheme, every

hydrometeor category has a distinct size spectrum represented by

dN = N0D
be−λDdD (3.16)
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where D is the diameter of the hydrometeor, and N0 and λ are two parameters that

can be deduced as explicit functions of the bulk mass mixing ratio Q and number

concentration N . This moment scheme was found to be more accurate [Srivastava,

1978; Shiino, 1983].

Empirically the mass and diameter of a hydrometeor are related as

M = AmDα (3.17)

where M is the mass and D is the diameter of the hydrometeor. Am and α are

coefficients [Mason, 1971]. The terminal velocity of the hydrometeors is parameterized

as

V = AvD
β (3.18)

where Av and β are coefficients. The values or expressions for N0, λ, b, α and β for

hydrometeor category are listed by Wang and Chang [1993].

3.2.3 Subgrid-scale Terms

CRM uses a first order closure scheme to treat the subgrid-scale terms and to close

the basic equations. This scheme is based on the Klaassen and Clark [1985] scheme.

But unlike Klaassen and Clark [1985], CRM uses different methods to compute the

Richardson number under saturated and unsaturated conditions.

3.2.4 Boundary Conditions

Since the solution of a modeling system for a cloud has fast spreading waves, adopting

a suitable lateral boundary condition is a daunting task. CRM uses the scheme

developed by Miller and Thorpe [1981].

A ten-level ’sponge’ boundary condition is used at the top of the domain to absorb

the reflected waves. The vertical velocity at the top of the domain and at the bottom is

zero. These boundary conditions were found to be quite stable in all the experiments

done.
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The cloud resolving model had been used to conduct sensitivity experiments with

the data from CCOPE project [Knight , 1982]. Further, the model had been used

successfully in several studies [Wang , 2004, 2005; Ekman et al., 2004a,b; Wang and

Prinn, 2003, 1998; Engström et al., 2008].

3.3 The Coupled Model

The following lines describe the coupling between the two models and their interac-

tion.

1. MELAM is an aerosol model which consists of a sectional representation of

aerosols at a point. To couple MELAM with the cloud resolving model to run

both the models interactively, an instance of MELAM is created at each grid

point of CRM.

2. MELAM samples the aerosol particles at the grid point in a log-normal distri-

bution, equilibrates to the ambient atmosphere and then populates the size bins

with these equilibrated aerosol particles.

3. The aerosol concentrations, composition, mixing state and distribution are ini-

tially considered to be horizontally homogeneous, but varying in the vertical.

So, a vertical profile of aerosols is equilibrated to the ambient atmosphere at

that level and distributed into different size bins according to their sizes as

described above.

4. The CRM domain is initialized with this vertical profile of aerosol size bins.

Each bin has the different mean aerosol particles attached to it.

5. MELAM uses moving-center sectional distribution. In this representation, the

bin edges are fixed and the mass concentration and chemical composition of

each bin are tracked. The contents of each bin are represented by one aerosol

particle whose aerosol characteristics like mass concentration, radius, chemical

composition are representative of the whole aerosol population in the bin. As
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the mean aerosol particle grows or shrinks, its radius changes. If the radius

increases due to growth such that the radius is greater than the right bin edge,

all the aerosols in the bin are moved to the adjacent right bin.

Since the bin edges are fixed, advection is simplified. The advection scheme

extant in CRM is used to advect aerosol particles in the CRM domain.

6. After each advection cycle, the aerosol bin characteristics are recalculated.

7. For condensation, temperature, pressure and water vapor mixing ration of the

ambient atmosphere at each grid point are passed from CRM to MELAM and

MELAM computes condensational growth of the aerosol particles based on the

saturation state of the grid point. If the local atmosphere at the grid point

has a relative humidity less than 98%, MELAM uses the equilibration approach

to grow or shrink the particles. If the relative humidity is greater than 98%,

time-dependent diffusion equation is solved.

8. After each condensation cycle at each grid point, the bins are tested for activa-

tion and the concentration of activated particles are passed to CRM as newly

activated cloud droplets and their mass as the mass of the newly activated cloud

particles. Further condensational growth of the cloud droplets is computed by

CRM.

In a deep convective cloud, a wide range of saturations are created by the different

moistening and drying processes. And also, the large extent of a deep convective

cloud creates vastly different saturation states. Some of the difficulties when the

equilibration routine in MELAM failed to converge are described below.

• One of the difficulties in using MELAM interactively with CRM was that in

downdrafts or subsaturated regions, the equilibration routine in MELAM dries

the particles and in doing so, tries to remove more water from the aerosol than

the amount of water the aerosol had.

• While being advected, the aerosols moved to regions which had less water vapor

than the aerosol water contents but the aerosols had higher water activity and
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Figure 3-1: Schematic of the coupled model.

were leeching water and the equilibrium routine tried to diffuse more water than

the atmosphere had. This was observed particularly in the upper layers of the

troposphere where the water vapor concentrations are very less.

To remedy this non-convergence, the equilibration routine in MELAM was rewritten.

The schematic 3-1 shows the models MELAM and CRM and the nature of the cou-

pling between them. At each time step temperature, pressure and water vapor mixing

ratio are passed to MELAM for computing condensation and after condensation, the

number of activated particles, changed water vapor mixing ratio and temperature

corrected for the latent heat release due to condensation are passed back to CRM.

Several runs of the model with different aerosol concentrations and atmospheric

conditions showed that the condensation and advection processes in the coupled model

are stable. The model is used to study the impact of aerosols on deep convective clouds

as described in subsequent chapters
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Chapter 4

Data

4.1 INDOEX

The INDian Ocean EXperiment was a consorted observational campaign to measure

the impact of aerosols transported from the south Asian region into the equatorial

region where these aerosols are lifted up into the upper atmosphere and are processed

in different ways [Ramanathan et al., 2001]. The study included model simulations

to understand the impact of these aerosols of varied composition on the clouds in

the tropical and mainly equatorial region. The campaign consisted of measurements

using satellites, research ships, aircraft, surface stations, and balloons. The campaign

lasted from January to March in 1999.

Qn March 18th, 1999, the research aircraft C-130 was used to measure the mi-

crophysics of several clouds and traversed a deep convective cloud [Heymsfield and

McFarquhar , 2001] at the location shown in the figure 4-1 at about 0915 UTC. The

aircraft spiraled from about 4000m down to about 500m. The figure also shows the

location of the soundings taken from the different places. The times and date of the

soundings are shown in parenthesis at the place.

Some of the instruments aboard the aircraft were

• FSSP-100 particle detector

• OAP-260X particle counter.
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• TSI condensation nuclei counter

• Winds were measured with flow meters

• Cold CN counter

The geographic coverage of the campaign was from 25◦N to 25◦S and 50◦E to

100◦E.

4.2 Aerosol Distributions

The aerosol distribution data was collected by using an Optical Particle counter

aboard the NCAR C-130 research aircraft.

The aerosols are passed in to a laser illuminated volume and the intensity of the

light scattered by the particles is estimated to find the size of the aerosol particles.

A solid state detector detects the scattered light.

The sampled air is sometimes heated to 150C to evaporate sulfuric acid and to

380C to evaporate ammonium sulfate. When heated to 380C the refractory material

remaining is usually dust, sea salt and soot.

In the present experiment, all the aerosols are assumed to be ammonium sulfate.

So, the distributions of the unheated aerosols are considered.

The data is given as the dN
dlogD

in each size range and the sizes are divided into 263

size bins.

Since the cloud was entered at about 0915 UTC, the aerosol distributions in the

boundary layer, unheated, and adjacent to the location of the cloud are averaged to

obtain the mean aerosol distribution before the cloud formation. The logarithmic

mean and standard deviation and the total aerosol concentration which are required

to use as input for the coupled-aerosol-activation-cloud-resolving-model are derived

from the averaged aerosol size distribution. The mean total concentration is found

to be about 631 cm−1 and this conforms well with the boundary layer condensation

nuclei concentration just outside the cloud as measured by the aircraft.
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The geometric mean diameter of the aerosol distribution is found to be 0.24 mi-

crometers. And the geometric standard deviation is found to be 1.32 micrometers.

When this distribution is used to simulate the deep convective cloud, all the

aerosols are assumed to be ammonium sulfate.

4.3 Microphysical Data

Cloud microphysical data were collected on the NCAR C-130 aircraft [Heymsfield and

McFarquhar , 2001; McFarquhar and Heymsfield , 2001]. Details of the instrumentation

used and the data processing are available from data processing are available from

Research Aviation Facility, NCAR-Earth Observing Laboratory [2002].

The data from the Forward Scattering Spectrometer Probe (FSSP) is combined to

obtain the size distribution of cloud droplets, covering the diameter range from 3 to

50 micrometers. The FSSP is an instrument developed for measuring cloud droplet

size. The sensor is developed for the study of microphysical processes like nucleation

and growth of cloud droplets through condensation and coalescence. A He-Ne laser

beam is shone in a small volume and cloudy air is let into this volume. The size

of the particles is detected by measuring the intensity of the light scattered by the

cloud droplets and using Mie scattering to relate intensity to drop size. The droplets

are distributed in to 15 size bins. The size bins are equidistantly distributed from 3

microns to 47 microns with a bin width of 3 microns.

Larger droplets were measured using an OAP-260X particle counter which has 60

channels from 40 microns to 620 micron with an interval of 10 microns. This measures

the larger drops which are drizzle or rain drops. The winds were measured using a

flow meter fitted to the radome on the aircraft. PMS King hot wire liquid water

probes were used to measure the liquid water content. Most of the data used in an

experiment in this thesis to simulate the cloud traversed on 18th March, 1999, called

research flight 14, were recorded at 10Hz or 25Hz. Then the data were postprocessed

to generate one second averages for most of the variables.
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Chapter 5

Simulation of a Deep Convective

Event

Because of the complexity of the aerosol activation physics and chemistry, the coupled

model simulations are only approximations to the real world processes. To gain

confidence in the results of model simulations, comparison of model simulation results

with observations of an observed deep convective cloud is the only way to examine

whether the predictions of the model can reflect the true nature of the physical and

chemical processes.

On March 18th 1999, during the INDOEX Intense Field Campaign, the NCAR

C-130 research aircraft flew through a deep convective cloud. The figure 4-1 shows

the location of the cloud. The aircraft entered the cloud at a height of about 4000m

and spiralled down in the cloud making almost horizontal passes. As described in

the chapter 4, the aircraft was fitted with a huge array of instruments for measuring

several dynamical and microphysical fields of clouds.

5.1 Meteorological conditions

Verver et al. [2001] describe the prevailing meteorological conditions during the Indian

Ocean Experiment in 1999. The following aspects of the atmosphere corroborate the

fact that the atmosphere was conducive for deep convection.
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Figure 5-1: ECMWF wind (arrows) and relative humidity (RH, colors) at 1000 hPa;
February climatology (1900-1999). Large arrows numbered 1 to 4 indicate the main
flow channels. The two dashed lines indicate the location of the two near-equatorial
convergence zones. [Verver et al., 2001]

5.1.1 Monsoon circulations

Climatologically, at this time of the year, the Northeast monsoon winds bring the

continental air to the equatorial Indian Ocean region. Figure 5-1 shows the February

climatological wind and relative humidity in the region.

The flow from Southeast Asia is blocked by Sumatra and enters the eastern equa-

torial Indian Ocean in a cyclonic flow just north of the equator.

The warm waters of the South East Arabian Sea, the Bay of Bengal and the

Sumatra region, in association with the cyclonic low-level North-East trade winds

between 70◦ and 100◦ E trigger organized oceanic convection in this region.
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Also, there are two convergence zones in the INDOEX region. The first is in the

Northern Hemisphere along 2◦ - 5◦ N which is usually less intense and a second one in

the southern Hemisphere. Both these convergence zones are characterized by cyclonic

vorticity.

In the convergence zone in the Northern Hemisphere, the wind changes direction

from Northeast to Northwest near the equator.

5.1.2 Sea Surface Temperature and ITCZ

Figure 5-2: Climatological mean sea surface temperatures over the INDOEX region
[Reynolds and Smith, 1994]

The boundary layer air in tropical marine atmospheres is moistened by the evap-

oration from the warm sea surface. Sea surface temperature is an important control

on the evaporation from the sea surface. Sea surface temperature greater than 27◦C

is a necessary condition for organized convection. But it is not sufficient. Large-scale

convergence is another important control on tropical deep convection [Bjerknes , 1969;

Graham et al., 1987; K. and Chang , 1987].
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Figure 5-3: Wind (white arrows) and relative humidity (filled contours) perturbations
to climatological means in March 1999 at 1000 hPa from ECMWF analyses. [Verver
et al., 2001]

Figure 5-4: Relative humidity perturbation to climatological mean relative humidity
cross sections at 75◦ E for March 1999 from ECMWF analyses [Verver et al., 2001]
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From the sea surface temperature plot shown in 5-2, this region shows tempera-

tures above the threshold (27◦C) throughout the year. And also, the tropical con-

vergence zone is a region of low level moisture convergence. Hence, this region is

amenable for deep convection.

5.1.3 Convergence

During March 1999, the low level winds show an anomalous center of cyclonic circula-

tion in the Southeast Arabian Sea and the Male region (70◦ and 75◦E) and a cyclonic

shear zone in the Bay of Bengal. These indicate convergence in the northern in-

tertropical convergence zone stronger than normal with anomalously high convective

activity [figure 5-3].

The relative humidity anomalies at 75◦E shown in the figure 5-4 also point to

convergence in the low levels during March 1999.

5.2 Initial Conditions

Figure 5-5: Median altitude profiles of (a) submicron, (b) accumulation and (c) ultra-
fine particle number concentrations measured during INDOEX. The thin lines show
the 25th and 75th percentiles [de Reus et al., 2001]
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5.2.1 Aerosol Profile

Vertical profile of aerosol concentration has a determining effect on the evolution of

a cloud [Andrews et al., 2004; Adhikari et al., 2005], particularly in the context of

processes like in-cloud nucleation and cloud processing of aerosols.

Some of the previous aerosol-cloud interaction modeling studies assumed a homo-

geneous aerosol concentration in the whole domain [Wang , 2004, 2005]. This would

result in larger concentrations of aerosols in the upper layers of the atmosphere. Some

studies considered a vertical profile that is a function of air density [Ekman et al.,

2004a].
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Figure 5-6: The vertical aerosol profile used in the model simulations. This profile
is created so as to resemble the observed accumulation mode vertical aerosol profile
shown in figure 5-5

Figure 5-5 shows the mean vertical profile of aerosol number concentration [de Reus

et al., 2001]. There is a maximum in the boundary layer and decreases rapidly with

increasing altitude to a low value at 3.5Km. For a realistic representation of aerosol

profile, this profile is replicated and a Gaussian profile resembling this observed pro-

file is considered. This profile shown in the figure 5-6 is used for all the experiments
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in this thesis. The profile is scaled proportional to the aerosol concentration in each

case.

5.2.2 Initial Thermodynamic Condition
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Figure 5-7: SkewT-logP plot of the atmospheric sounding taken at Kaashidhoo Cli-
mate Observatory at 04:29 UTC. This sounding has a CAPE of ∼ 1200 J/K. The
sounding is denoted as ka0429.

On 18th March 1999, when the deep convective event was observed during the

INDOEX Intense Field Campaign, a few atmospheric soundings were taken from

different platforms close to the cloud. The one nearest in time and space was the

one taken from Kaashidhoo Climatological Observatory at 05.57UTC. The cloud was

observed at around 09.15 UTC. Usually, dropsondes are used to sound the atmosphere

from aircrafts but for that particular research flight, RF14, no sondes were dropped.

The coupled aerosol-activation-cloud-resolving model is initialized with the ini-

tial thermodynamic condition of the atmosphere consisting of the vertical profile of

temperature, pressure, water vapor and zonal and meridional winds.
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Table 5.1: Model configuration

Dimensions 3

Basic time step 5 seconds

Vertical boundary condition Rigid lid

Domain dx = 2000 m dy = 2000 m dz = 400 m

Grid Points 60 50 50

Initial met fields R/V Brown sounding

Convection initiation One bulb

Aerosol bins 5

Salt bins 0

Aerosols (NH4)2SO4

Vertical aerosol profile based on profile observed during INDOEX

The skewT-logP plot shown in figure 6-2 shows the vertical profile of tempera-

ture(red line) and dew point (blue line) as a proxy for water vapor mixing ratio. The

black dot is the lifting condensation level and the green dot is the level of free con-

vection. The black line is the moist adiabat through the lifting condensation level.

This sounding profile has a convective available potential energy of 1200 J/Kg.

This atmospheric sounding is used as an initial thermodynamic condition to ini-

tialize the coupled model.

5.3 Model Configuration

Table 5.1 shows the configuration of the model used for simulating the deep convective

cloud. The model was run in three dimensions with a basic time step of 5 seconds.

The domain size is 120Km in the zonal, 120Km in the meridional and 20Km in the

vertical directions. The grid cell size is 2Km in both the horizontal directions and

400m in the vertical directions. So, there are 60 grid points in the zonal direction

and 50 in the meridional and vertical directions.
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As discussed in the subsection 5.2.2 the meteorological fields are initialized using

the atmospheric sounding taken at the Kaashidhoo Climatological Observatory on

18th March 1999 at 04.29 UTC during the INDOEX.

Convection was initialized using a Gaussian bulb of perturbation in potential

temperature and water vapor. The initial aerosols were distributed into five bins in

the aerosol activation module. The aerosols were assumed to be ammonium sulphate.

The vertical profile of aerosols is as shown in the figure 5-6.

5.4 Assumptions

1. The glossary of meteorology defines a cloud as a visible mass of water or ice

particles. In the context of this thesis, a cloud is defined as the set of points in

space with liquid water content greater than 0.01 g/m3. Further, King probe

which measures liquid water content, has resolution of 0.01 g/m3. So, it is

reasonable to assume that the estimates of microphysical parameters with lower

threshold than 0.01 g/m3 are not very accurate. The mean quantities in this

study are computed as the mean of the quantities at these cloudy points.

2. The region around the point of maximum vertical velocity is assumed to be the

convective core of the cloud. The distance of each point on the trajectory of the

aircraft from a vertical axis drawn at this point of maximum vertical velocity

is shown in the figure 5-8.

3. In the model, the cloud microphysics module assumes an gamma distribution for

the diameters of the different hydrometeor classes as discussed in the subsection

3.2.2 :

dN = N0D
be−λDdD (5.1)

4. The cloud droplet concentration was measured using the FSSP-100 probe which

measures droplets in the diameter range 2− 47 µm. The cloud water contained

in the cloud droplets in this range is found by integrating the water content of

the drops in each diameter interval.

83



0

1

2

3

4

5

0 2 4 6 8 10 12

A
lt

it
u
d
e

(k
m

)

Distance from the axis (km)

Figure 5-8: The radial distance from the axis of the core. See figs 5-10 and 5-11

Similarly, raindrop (larger drops) concentration was measured using an Optical

Particle Counter. The size range of these raindrops as measured by the Optical

Particle Counter is 80 − 320 µm.

So, the size distribution in the model is integrated from 2 − 47 µm to find

the cloud droplet concentration and from 100 − 320 µm to find the raindrop

concentration.

It is to be noted that the distributional parameters – b, λ and N0 – are different

for cloud droplets and raindrops [Wang and Chang , 1993].

5. Further, for better statistical comparison of the distributions, the points with

concentrations of cloud droplets less than one particle per cubic centimeter and

raindrop concentration less than one particle per liter of air are filtered.

6. The instruments FSSP-100 and the Optical Particle Counter count spuriously

when larger drops (sometimes precipitation sized particles) splash on the probe

of the instruments and breakup. To filter these spurious observations, an upper

cut off of 500/L is imposed on the raindrop concentration and 25 g/m3 on the

liquid water computed from the FSSP-100 and the Optical Particle Counter.
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Similar filters are applied to those cloud fields in the simulated cloud too.

5.5 Statistical Comparison of the Cloud Fields

5.5.1 Normal Practice

Numerical models have to be validated for their ability to realistically simulate the

processes and phenomena under assumed conditions they are built to model. Then

they provide confidence to simulate and study hypothetical situations and phenom-

ena.

Towards this end, the simulation results of an event, for instance, a cloud are

compared with observations of natural clouds.

One of the fundamental difficulties in such comparison is that convection varies

greatly spatially and temporally. The inhomogeneous atmospheric stratification and

the boundary layer water vapor flux into the cloud are huge sources of these variations

in convection [Rogers and Yau, 1989]. These variabilities are very difficult to measure

and also to model. So, it is appropriate to compare model results with observations

using statistical methods.

As a general comment, Rogers and Yau [1989] stress that cloud modeling is still a

developing technique and there are uncertainties about the robustness of the boundary

conditions, initialization schemes and parameterizations. So, one can not assume too

greater confidence or discouragement from a particular comparison of model results

and observations.

Several researchers used different approaches to compare cloud model simulations

to observations. Guan et al. [2001] chose to interpolate the model results to obser-

vation times and Guan et al. [2002] sampled the observations toward the model’s

spatial resolution. Vaillancourt et al. [2003] tried not to change the model or observa-

tion data. They eliminated the instances when the model completely misrepresented

the observations and when it did well, they compared point to point, although it is a

severe test when the errors and uncertainties in the initial conditions, parameteriza-
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tions are kept in view.

The most common method of comparison is comparing snapshots in time and

space.

In the present context,

1. the observations are very sparse in time. In fact, only one deep convective cloud

was sampled.

2. the observations are abundant in the limited aircraft track.

3. the model results are limited in space and time compared to the observations.

5.5.2 Organization of the Data into Altitude Levels

Figure 5-9 shows the trajectory of the aircraft in the (longitude, latitude, altitude)

space. The figures 5-10 and 5-11 show the same trajectory in (longitude, altitude)

and (latitude, altitude) spaces. From these figures, it is clear that the aircraft entered

the cloud at an altitude of about 4200 m and spiralled down to reach the boundary

layer at 500 m. During this traverse, the aircraft measured horizontal profiles in the

cloud.

In these figures, the assumptions listed in the section 5.4 are considered (implied).

Following assumption 2, an axis is assumed at the point of maximum vertical

velocity. The longitude and latitude of this point are (72.231◦ E,3.588◦ N). If we

draw a vertical line through this point, the result is the red line in the figures 5-11,

5-10. The figure 5-10 shows that the longitudinal extent of the cloud is about 0.1

longitudes wide, that is, about 11 km wide. Similarly, the red line in the figure 5-11

shows the axis passing through the point of maximum vertical velocity. Figure 5-11

shows that the cloud is 0.1 degrees of latitudes wide, that is about 10 km wide.

Figure 5-8 shows the radial distance of the different points on the aircraft trajec-

tory from the axis drawn at (0,0). This figure shows that the girth of the cloud is

about 10 km and at an altitude of 3-4 km, it is about 7 km. The aircraft, as can be

seen in figure 5-8, makes passes and reaches the ’axis’ as defined above at the heights
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Figure 5-9: 3D trajectory of the aircraft inside the cloud. The aircraft enters the
cloud at the start of the trajectory (blue curve) indicated by ’S’ and leaves the cloud
at ∼ 400 m at the point denoted by ’E’.
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Aircraft altitude Model altitude

m m

400–1000 800

1200–2000 1600

2400–2800 2600

3000–3500 3200

3600–4200 4000

Table 5.2: Table of aircraft altitudes and the corresponding model altitudes for com-
parison. Aircraft altitudes are continuous and the model has discrete levels

800, 1600, 2600, 3200, 4000 m. The next subsection will discuss the mean properties

of the observed at these cloud altitudes. For the purpose, the points in the altitude

ranges in the following table are considered for the corresponding height level.

The model results will also be sampled at these heights for comparing model

results and observations.

5.5.3 Mean Properties of the Cloud

Size The aircraft which measured this observed cloud entered the cloud at an al-

titude of about 4200m and spiraled down to reach the boundary layer at ∼500m.

During this traverse, the aircraft made almost horizontal passes in the cloud.

Following the assumption 2 in the section 5.4, a vertical axis is assumed at the

point of maximum vertical velocity within the cloudy region and the normal distance

of each point on the trajectory of the aircraft from this vertical axis is shown in the

figure 5-8. This plot shows that the horizontal diameter of the cloud is ∼ 20Km.

Vertical Velocity The figure 5-12 is the vertical profile of vertical velocity observed

by the aircraft. It shows that the convective activity as measured by vertical velocity

is greater in the levels 1.5 km and above. The heights at which there is large variability

correspond to the heights of horizontal passes listed in the table 5.2. Particularly, the

updrafts and downdrafts at the 2600 m height are the largest (updraft 14 m/s and
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downdraft ∼ 6m/s).
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Figure 5-12: Vertical profile of vertical velocity in the lower 4Km of the domain. The
stars show the vertical velocity at the ’cloudy’ points.

The distribution of vertical velocity at the different height levels in the table 5.2

are shown in the figure 5-13. There are greater updrafts and downdrafts at ∼ 2600m.

Cloud Droplet Concentration The figure 5-14 shows the vertical profile of cloud

droplet concentrations as measured by the FSSP-100 probe which measures cloud

droplets in the diameter range 2 − 47µm. The concentrations decrease from the

higher levels to the lower ones. Large concentrations in the lower two levels (∼ 800 m

and ∼ 1600 m) are due to

• possibly secondary cloud formation and the consequent new activations of aerosols

or

• the counting error by the spectrometer probe when larger precipitation-sized

particles (drizzle drops) splash on the probe and the spectrometer counts the

broken drops. This phenomenon of miscounting the large drops as multiple

small drops is documented in ’FSSP-100 manual’1. If it were new activations,

1http://www.eol.ucar.edu/raf/Bulletins/B24/fssp100.html
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Figure 5-13: Distribution of vertical velocity at each level simulated by the model.
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Figure 5-14: Observed vertical profile of cloud droplet concentration. The concentra-
tions decrease with height.
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Figure 5-15: Observed vertical profile of raindrop concentration. The concentrations
increase with altitude because the cloud droplets have favourable size for collision-
coalescence as altitude increases.

the most probable level is at ∼ 2600m where the updrafts are considerably large

which result in faster cooling and hence greater supersaturations.

Raindrop Concentration Figure 5-15 is the vertical profile of raindrop concen-

trations a measured by Optical Particle Counter which measures raindrops in the

range 40µm to 620µm. The concentration decreases from higher levels to lower ones

except the lowest ones in which it records huge values of concentrations of raindrops.

Heymsfield (Personal communication, May 15, 2009) estimated the age of the

cloud when the aircraft entered the cloud at an altitude of ∼ 4200m to be about

40minutes and the cloud had a well-formed anvil by then. He was aboard the aircraft.

The cloud droplet concentration and the raindrop concentration profiles, when

considered together, point to secondary cloud formation as speculated above in ’cloud

droplet concentration’, when new cloud droplets are formed by activation at lower lev-

els and hence greater concentration at the lower levels and the concentration decreases

with altitude and collision-coalescence produces greater concentration of raindrops at
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Figure 5-16: Observed vertical profile of cloud water content. The cloud droplets are
larger as altitude increases, so, they have greater water content.

the higher levels and as the altitude decreases the process becomes inefficient as the

cloud droplet diameter decreases towards lower altitudes as is evident from the plot

5-21.

Cloud and Rain Water Contents The vertical profile of cloud water content,

shown in figure 5-16, increases from the lower levels upwards as the cloud droplet

concentration [figure 5-14] increase and as the cloud droplets are efficiently converted

into raindrops in the upper layers as discussed above. The vertical profile of rain

water, shown in the figure 5-17, increases from the level of ∼ 3200m and up. And also,

as the cloud droplets which are formed in the lower levels are advected in the vertical

wind, they condense more water and grow to larger sizes. Thus the cloud water

content in the upper layers is greater. But because of efficient collision-coalescence,

the cloud water content in the top there levels is less than that in the next two levels.

The liquid water content shown in the plot 5-18 was measured by King probe.

King probe measures the liquid water content by measuring the electric power spend

in evaporating the intercepted liquid droplets/drops. Thus, it measures the water
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Figure 5-17: Observed vertical profile of rain water content
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Figure 5-18: Observed vertical profile of total water content
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content of the whole size spectrum of cloud droplets and raindrops where as, the

cloud water content and rain water content are the water contents in the drop size

ranges measured by FSSP-100 and OPC (refer to those in the data).

There is a mismatch between the rain water inferred from integration of the drop

size spectrum from the optical practice counter and the total liquid water measured

by King probe in the lower levels.

Cloud and raindrop Sizes Cloud droplet diameters increase from lower levels to

upper levels as shown in figure 5-19. The aerosols are activated in the lower levels

and as these cloud droplets are lofted by the updrafts condense water vapor because

of raised supersaturations due to adiabatic cooling.
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Figure 5-19: Observed vertical profile of cloud droplets diameter. Cloud droplet
diameter increases with altitude.

Figures 5-21 and 5-22 show the kernel density smoothed size distributions at the

five levels discussed in the table 5.2. The histogram of cloud and raindrop diameters

are smoothed using a Gaussian kernel [Wilks , 2006]. The plot shows the normalized

frequency distribution of the cloud and raindrop diameters at each height level.

They show that the cloud droplet diameter distributions shift towards larger di-

ameters with height. But the raindrop diameters increase from top level to the lower

95



0

0.5

1

1.5

2

2.5

3

3.5

4

0 100 200 300 400 500 600 700

A
lt

it
u
d
e

(k
m

)

Raid drop diameter (µm)

Figure 5-20: Observed vertical profile of raindrop diameter
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Figure 5-21: Distribution of cloud droplet diameter at each level. Cloud dropletdi-
ameter decreases with altitude.
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ones as they collect other drops while falling. The cloud droplets form at the lower

levels and the raindrops form at the higher levels. The cloud droplets are lofted up

by the updrafts and the raindrops fall due to larger terminal velocities. So, these

observations are helpful to consolidate some of the theoretically known facts about

cloud and raindrop formation and growth.

5.5.4 Sampling of the Model Results

In view of the constraints discussed in subsection 5.5.1, a straight point-to-point

comparison of the simulated cloud fields and the observations is not possible. But

still, an attempt is made to sample the model data so that the aircraft trajectory is

simulated in space and time.

In addition to the assumptions in the section 5.4, the following filters are used

to sample the model data to reflect the same data quality control and the aircraft

trajectory as for the observations.

1. The mean cloud droplet and raindrop diameters are computed from the size

(diameter) distributions of cloud droplets and raindrops integrated respectively

in the ranges 2 − 47µm and 40 − 620µm as these are the measurement ranges

of the FSSP-100 and the Optical Particle Counter.

2. To correspond to the heights of horizontal passes as in the table 5.2, the corre-

sponding height levels are chosen from the model domain as shown in the table

5.3

The modelled values at each level in the table are combined for each cloud field.

For this purpose, at each height level, the grid points 25 to 35 in x (zonal) and

21 to 29 in y (meridional) direction are considered.

3. The aircraft did not observe thee different levels simultaneously. It entered the

cloud at ∼ 4200m and spiralled down the cloud. It took about 22 minutes for

observing this cloud.
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Figure 5-22: Distribution of raindrop diameter at each level

Aircraft altitude (m) Model altitude (m)

400–1000 800

1200–2000 1600

2400– 2800 2400 & 2800

3000–3500 3200

3600–4200 4000

Table 5.3: Correspondence between aircraft and model altitudes
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Levels Time steps

5 23:26

4 26:28

3 28:31

2 32:34

1 35:37

Table 5.4: Levels and the model time steps chosen as the average times during which
those levels are traversed

Further, from visual observation of the cloud from the aircraft, the age of the

cloud was inferred to be about 40 minutes (Heymsfield A.J., personal commu-

nication, May 15, 2009) and also, there was a well-formed anvil.

The quantities of observed and modeled cloud fields at each height level were

computed and the mean square difference between the quantiles of observations

and model results at each of the levels are calculated at each model time step.

These plots show that the mean square distance between the quantiles of ob-

servations and model results is a minimum between the 20th and 37th time

steps, that is, from 40th minute to 70th minute of the evolution of the cloud.

So, based on these mean square quantile difference plots, earlier time steps are

used for higher levels and the levels are gradually translated in time. That is,

the time steps shown in the table 5.4 are used. It is hoped that the time steps

and the levels chosen as described would represent the trajectory of the aircraft

sufficiently well.

5.5.5 Statistical Test

Because of the arbitrariness of the aircraft trajectory and the randomness of cloud

motions in space and time, it is very difficult to find the underlying theoretical dis-

tribution of the observation samples. Further, the sample sizes of the model results

and the observations are also not constant. So, a non-parametric test which is ro-
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bust to sample size is an apt one to assess the confidence of simulating the observed

cloud. The null hypothesis assumed for the test is that the observations and model

simulated cloud field values come from the same underlying distribution. To test this

hypothesis, one of the more robust non-parametric tests is the Mann-Whitney U test

( also called Mann-Whitney-Wilcoxon rank-sum test).

The assumptions of the test are :

1. the observations and model simulated results are independent and also, the

data points in the observations and model results, individually are independent.

This is true because the measurement of cloud fields at one point in the aircraft

trajectory does not depend on the measurement at any other point. Similarly,

the cloud fields data at different points in the model domain can be assumed to

be largely independent.

2. The observations and model simulated results are numerically comparable, that

is, if a datum O from observations and a datum M from model results are

chosen, one can determine if O>M or O<M or O=M.

3. The variances of the observations and model results samples at each level are

approximately equal.

Computation The test statistic of this test is usually represented by U. The follow-

ing sequence of steps elucidates the computation of U. For an illustration, I consider

the vertical velocity W at level 5. For the purpose of illustration, let the sample of

observations be wobs5 and the sample of the model results be wmod5.

1. Consider between wobs5 and wmod5, the sample with the lower sample size,

for instance, wobs5.

2. Considering each data value in wobs5, count the number of data values in the

other sample, wmod5, that are smaller than it.

3. The total of the counts for all data values in sample wobs5 is the test statistic

U. Thus the test statistic U is not a function of the data values themselves, but
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Levels → 1 2 3 4 5

Vertical Velocity 0.00 0.53 0.27 0.59 0.35

Cloud droplet concentration 0.69 0.62 0.59 0.94 0.09

raindrop concentration 0.00 0.24 0.61 0.00 0.00

Cloud water content 0.12 0.44 0.00 0.08 0.00

Rain water content 0.00 0.99 0.24 0.71 0.56

Cloud drop diameter 0.17 0.03 0.04 0.73 0.58

raindrop diameter 0.24 0.00 0.00 0.01 0.66

Table 5.5: p-values of the Mann-Whitney test for the observations and model results

their ranks within the sample data values that are pooled.

The null distribution of the Mann-Whitney test statistic U is approximately Gaussian

[Wilks , 2006] with

Mean = µU =
n1

n2
(5.2)

and

Standard deviation = σU =
n1n2(n1 + n2 + 1)

12

1

2

(5.3)

where n1 = nwobs5 and n2 = nwmod5 are the sample sizes of the observation and model

results. Within this Gaussian distribution, the standard Gaussian value correspond-

ing to the observed test statistic U is determined. The p-values are determined in

the present experiment at a confidence level of 95%. Table 5.5 shows the p-values

determined and those with the grey background show the non-rejection of the null

hypothesis with a confidence greater than 95%, that is the p-value is greater than

0.05. The null hypothesis is : the observations and model simulated values of the

particular cloud field at the particular height level come from the same underlying

distribution.
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5.5.6 Discussion

Table 5.5 shows the p-values of Mann-Whitney U test for observations and model

simulation values of some important cloud fields. Some key inferences that can be

drawn from the table are:

1. The observed vertical velocity at the upper four levels is well-correlated with

the simulated ones.

2. In spite of the severity of the comparison, in which the observations and model

results are compared at each level for having the same underlying distribution,

at several levels, several of the chosen cloud fields compare well. This is signifi-

cant.

3. We see from the table that the cloud water content and drop sizes do not match

very well.

4. The cloud droplet number concentration which is simulated reasonably well is a

measure of how well the processes leading to activation included in the aerosol

activation model model the activation number.

This test shows that the aerosol activation model simulates the cloud droplet

number reasonably well.

5. This table also shows that when the updraft speeds are simulated well, the

aerosol activation model simulates the cloud droplet concentration fairly well.

6. To enhance the confidence in the statistical comparison, I performed a permuta-

tion test on the observations and model results at the five different levels using

Monte-Carlo method to resample from the observations and model results. The

test corroborates the results in table 5.5.

7. The sum of mean square distance between quantiles of observations and the

model simulated cloud fields show a decreasing trend and a valley between 40

minutes and 74 minutes of cloud evolution in the model which also confirms the

results of the comparison.
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Some of the possible reasons for the differences between the observations and

model simulation are:

• Measurement errors: As discussed earlier, the probes FSSP-100 and OPC, in

the event of drizzle or rain overcount the drop concentration.

• The uncertainty in the choice of model grid points to simulate the aircraft

trajectory

• The different sample sizes for some of the variables

• Location, size and strength of the perturbation bubble used to initiate convec-

tion in the model

• An initial thermodynamic condition 120 km away from the location of the cloud

and about 4 hours ahead in time.

These difficulties call for a thorough observation of a deep convective cloud starting

from its formation through its evolution.
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Chapter 6

Sensitivity of the Model to Initial

Thermodynamic Condition

The structure and evolution of a deep convective cloud are strong functions of the wind

shear and static stability of the atmosphere [Houze, 1993]. The convective available

potential energy is a very important measure of the stability of the atmosphere. It is

also well known that the aerosol concentration and composition impact the evolution

of the cloud during the initial stages [Rosenfeld et al., 2008]. The wind has a greater

impact during the later stage of evolution of the cloud, particularly when the cloud

has grown to higher altitudes. The present study is restricted to the interaction

between aerosols and the initial thermodynamic condition of the atmosphere. The

convective available potential energy is given by [Houze, 1993]

CAPE = g

∫ zE

zLF C

θz − θ̄z

θ̄z

dz (6.1)

where θ is the potential temperature of a parcel of air lifted from z = 0 to z = z

adiabatically, that is, the parcel air does not mix with the ambient atmosphere.

From z = 0, the parcel rises dry-adiabatically and once it is saturated, further rise

is moist-adiabatic, that is, the equivalent potential temperature is conserved. The

level of free convection, zLFC , is the height at which the air parcel is warmer than

the ambient atmosphere and the equilibrium level, zE , is the lowest height where the
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potential temperature of the parcel is just the same as that of the ambient atmosphere

and hence the parcel is not buoyant any more.

Larger CAPE values mean stronger convection and stronger updraft speeds leading

to greater supersaturations. As a consequence, more water vapor is condensed.

Most of the previous studies/experiments in aerosol-cloud-precipitation looked at

the impact of change in aerosol concentration. But, as discussed above, the cloud for-

mation and evolution strongly depend on the initial thermodynamic condition. So,

it is imperative that the effect of the initial thermodynamic condition on the cloud is

assessed in the context of the model used to serve not only as as sensitivity study but

also to provide an understanding of the impact on the physical process and mech-

anisms involved in aerosol-cloud interactions and precipitation formation. Towards

this objective, the present section looks at the impact of the initial thermodynamic

condition of the atmosphere on a deep convective cloud.

As an air parcel rises, supersaturations are produced due to adiabatic cooling.

Then, the rate of change of the saturation ratio is

dS

dt
= Aw − B

dwl

dt
(6.2)

where w is the vertical velocity and dwl

dt
is the rate of formation of liquid water. The

first term on the right hand side, Aw, represents the growth of supersaturations due

to adiabatic cooling and the second term represents the quenching of supersaturation

by condensation processes. A and B are coefficients given by [Rogers and Yau, 1989]:

A =
1

T
(

Llvg

RvCpT
− g

Rd
) (6.3)

and

B = ρa(
RvT

εes(T )
+

εL2
lv

pTCp

(6.4)

where T is the temperature of the parcel, Llv is the latent heat of condensation of

water vapor, g is the acceleration due to gravity, Rv is the gas constant for moist

air, Cp is the specific heat at constant pressure, Rd is the gas constant for dry air,
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Case CAPE (J/kg)

ka0557 670

ka0429 1200

b1643 1800

ka1209 2700

Table 6.1: CAPEs of the different atmospheric soundings used for the sensitivity
study

p is the pressure, ǫ is the ratio of gas constants for dry air and water vapor, and es

is the saturation vapor pressure at the temperature T . So, the rate of formation of

supersaturations in the initial stages of cloud formation when the condensation rates

are small are given by
dS

dt
=

1

T
(

Llvg

RvCpT
− g

Rd
)w (6.5)

Clearly, dS
dt

depends on T to the first order. Here w is dynamically generated due

to the condensation of water vapor. Before condensation of water vapor can occur,

the vertical velocities resulting from the instability of the atmosphere are important.

The atmosphere in some regions of the Indian Ocean during INDOEX did not have

sufficient initial vertical velocities and so, the rates of supersaturation generation

were very low and hence the activation of aerosols was less less even though those

regions had large CCN concentrations(Heymsfield A.J, personal communication, May

15, 2009).

The initial thermodynamic conditions for this study are taken from the INDOEX

Intensive Field Campaign. Atmospheric soundings were taken from different plat-

forms like ships, aircrafts and balloons. On 18th March, 1999, the soundings shown

in figures 6-1,6-2,6-3,6-4 were taken from the different platforms. The soundings

ka0429, ka0557, ka1209 were taken at the Kaashidhoo Climatological Observatory

at 04:29, 05:57 and 12:09 UTC. The fourth sounding b1643 was taken from the re-

search vessel Ronald V Brown at 16:43 UTC. Many of the soundings taken on that

day were not continuous in height. These four soundings were mostly continuous.
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Kaashidhoo Climate Observatory at 05:57 UTC : CAPE = 672 J/Kg
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Figure 6-1: SkewT-logP plot of the atmospheric sounding taken at Kaashidhoo Cli-
mate Observatory at 05:57 UTC. This sounding has a CAPE of ∼ 670 J/K. The
sounding is denoted as ka0557.
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Kaashidhoo Climate Observatory at 04:29 UTC : CAPE = 1192 J/Kg
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Figure 6-2: SkewT-logP plot of the atmospheric sounding taken at Kaashidhoo Cli-
mate Observatory at 04:29 UTC. This sounding has a CAPE of ∼ 1200 J/K. The
sounding is denoted as ka0429.
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R/V Ronald Brown at 16:43 UTC : CAPE = 1797 J/Kg
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Figure 6-3: SkewT-logP plot of the atmospheric sounding taken from R/V Ron Brown
at 16:43 UTC. This sounding has a CAPE of ∼ 1800 J/K. The sounding is denoted
as b1643.

100

200

300

400

500

600
700
800
900

1000

-30 -20 -10 0 10 20 30 40

P
re

ss
u
re

(m
b
)

Temperature (◦C)

Kaashidhoo Climate Observatory at 12:09 UTC : CAPE = 2712 J/Kg
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Figure 6-4: SkewT-logP plot of the atmospheric sounding taken at Kaashidhoo Cli-
mate Observatory at 12:09 UTC. This sounding has a CAPE of ∼ 2700 J/K. The
sounding is denoted as ka1209.
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To isolate the effect of initial thermodynamic sounding, the background zonal and

meridional wind profile and wind shear are kept the same.

The four atmospheric soundings used in this study have progressively increasing

convective available potential energy as listed in the table 6.1. A CAPE value of

600 J/Kg is associated with small cumulonimbus clouds, 1200 J/Kg with tall cumu-

lonimbus clouds, 1800 J/Kg with a moderate thunderstorm and 2700 J/Kg with a

huge thunderstorm. Thus these four soundings help understand the role of the initial

atmospheric structure in building the thunderstorm.

The updraft and downdraft speeds depend on the CAPE of the environment.

High CAPE values produce intense updrafts. An intense updraft usually produces

an intense downdraft since an intense updraft condenses more moisture and this

condensate exerts drag on the vertical motions and decreases the buoyancy. Also,

large updraft speeds increase entrainment of dry air from the ambient atmosphere

causing cooling and downdrafts.

The figures 6-1, 6-2, 6-3, 6-4 show the skewT-logP plots of the four soundings

considered in this study. The sounding b1643 has a layer of dry air overlying the

relatively moist boundary layer with the consequence that there is an added instability

in the atmosphere.

6.1 Model Configuration

The model parameters for these runs are shown in the table 6.2. The simulations are

all three dimensional with a basic time step of 5 seconds. The domain is 120 Km ×

120 Km×20 Km and has 60×30×50 grid points in the zonal, meridional and vertical

directions.

The thermodynamic structure of the atmosphere was initialized with the atmo-

spheric soundings discussed above. Convection was initiated using a Gaussian bulb

of temperature and water vapor perturbation centered at (30,15,3) grid point. The

aerosols were assumed to be composed of only ammonium sulphate and are distributed

into five size bins. The vertical aerosol profile is a scaled version of figure 5-6.
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Dimensions 3

Basic time step 5 seconds

Vertical boundary condition Rigid lid

Domain dx = 2000 m dy = 2000 m dz = 400 m

Grid Points 60 30 50

Initial met fields R/V Brown sounding

Convection initiation One bulb

Aerosol bins 5

Salt bins 0

Aerosols (NH4)2SO4

Vertical aerosol profile based on profile observed during INDOEX

Table 6.2: Model configuration for studying the sensitivity of a deep convective cloud
to initial thermodynamic condition.

6.2 Results & Discussion

In the following discussion, I present the dynamical and microphysical structure of

the four clouds simulated with different initial thermodynamic condition of the at-

mosphere but same aerosol concentration, composition and distribution. In these

experiments, the mean values refer to the mean over the cloud area as defined in the

previous chapter unless defined otherwise.

Vertical Velocity The initial thermodynamic condition has a determining effect on

the structure and evolution of a deep convective cloud. The maximum vertical velocity

is empirically related to the convective available potential energy as [Emanuel , 1994]

Wmax =
√

CAPE m/s (6.6)

So, it is expected that vertical velocity increases with CAPE.

Figure 6-5 shows the mean vertical velocity averaged over the cloudy domain. For

the four different cases, the vertical velocities are almost similar during the initial 20
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Figure 6-5: Mean vertical velocities in the simulation of the sensitivity of the deep
convective cloud to CAPE

minutes. The mean vertical velocities start diverging after the initial precipitation

which is a consequence of collision-coalescence. The differences in collision-coalescence

efficiencies in the different cases result in the different evolutions of the clouds. The

mean vertical velocity increases with CAPE except for the b1643 case (CAPE =

1800 J/Kg) which has the lowest mean vertical velocity among all the cases in spite

of having a higher CAPE. It has the largest maximum velocity and not the ka1209

(CAPE = 2700 J/Kg) case. This is a consequence of the microphysics as will be seen

in the subsequent sections.

6.2.1 Buoyancy

The buoyancy in a cloud is given by

B = g(
T ∗

To
−−p∗

po
+ 0.61q∗v − qH) (6.7)

whereB is the buoyancy, g is the acceleration due to gravity, To and po are initial

temperature and pressure, p∗ and q∗v are the perturbations in pressure and water

vapor mixing ratio from the initial values and qH is the instantaneous total condensate
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Figure 6-6: Mean buoyancy in the cloud

mixing ratio. (qH is not the perturbation, but the actual mixing ratio). Unlike in other

classes of clouds, in deep convective clouds, the condensate drag on the vertical motion

of the cloud is considerable and is of the scale of the other terms in the buoyancy.

Also, the pressure perturbation is also of the same order as temperature perturbations.

But the pressure gradient force arising out of these pressure perturbations – usually

positive pressure perturbation at the top of the cloud and negative below the strong

convective core – comes in to play intrinsically as a response to strong vertical motions.

Because buoyancy is such a key characteristic of deep convection which shapes

the microphysical and dynamical evolution of the cloud, any process affecting the

generation or dissipation of buoyancy will have serious effect on the cloud.

Figure 6-6 shows the evolution of the mean buoyancy computed using the equation

6.7. The buoyancy at each grid point in the domain which can be defined as cloudy if

the total condensate concentration is greater than 0.01g/m3 of air is calculated and

the mean buoyancy is the mean over the cloudy domain. The plot shows that the

mean buoyancy is positive during the initial 40 minutes of evolution and becomes

negative from then on. From the expression for buoyancy, it can be inferred that

buoyancy is lowered due to
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Figure 6-7: Mean condensate mixing ratio

• high pressure gradient which might be a result of strong convergence below the

region of strong convection – these high pressure gradients are a consequence

of strong vertical motion.

• high condensate (water+ice) which exerts drag on the vertically moving air and

retards the motion . In other kinds of clouds, the condensate concentrations

are small and as a result, this term is not a dominant sink of buoyancy. In

deep convective clouds, because of the large characteristic vertical velocities

and the resulting high supersaturations, the condensate loads are more than

the stratiform and small cumulus clouds.

In the buoyancy plot 6-6, the buoyancy in the different cases increases initially due to

latent heat release and after about 40 minutes when the condensate stops increasing,

the latent heat release reaches a steady sate and the condensate drag starts dominating

in buoyancy. As a result, the clouds are largely negatively buoyant. The case b1643

with a CAPE of 1800J/Kg has the least total water content (figure 6-7) during the

initial 40 minutes and hence lower latent heat, so, its mean buoyancy is lower. But

after 40 minutes, the other cases have accumulated larger amounts of condensate

and the resultant drag makes them more negatively buoyant. Also, most of the
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condensation happens during the initial 40 minutes in general.

This reversal of buoyancy has important effects on many characteristics of clouds

as will be discussed later in this chapter.

6.2.2 Center of Gravity Analysis

The center of gravity of a system is the point in space at which the total mass can

be considered to be concentrated, and at which external forces may imagined to be

applied. Koren et al. [2009] proposed the center of gravity of a cloud as a device to

understand the spatial relationships of cloud fields. Also, this is a succinct method

to compare different clouds. In this approach, the center of gravity of the cloud is

defined as the average position of the cloud fields and the masses are used as weights

in averaging. So, in this framework,

Center of gravity = R =
Σrimi

M
(6.8)

where R = coordinates of the center of gravity , ri = position of each grid point,

mi = mass at each grid point, M = total mass in the domain; and the spread of the

cloud is defined as

Spread of the cloud = S =

√

Σmi(ri − R)2

M
(6.9)

with the different variables defined as above.

Figure 6-8 shows the center of mas of the four clouds as they evolve. It shows

that as deep convective clouds evolve, most of the condensate is in the upper or

middle troposphere. Further, because the vertical velocities in the case b1643 are

lower than in the other three cases, it has much of its water in the middle and lower

troposphere. It should be noted that b1643 has more rain water and total condensate

than ka0557 (CAPE = 670 J/Kg) and ka0429 (CAPE = 1200 J/Kg). But because

of lower condensate drag, those cases have higher vertical velocities and hence the

cloud droplets and rain drops are lofted to greater heights.
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condensate can be assumed to be concentrated.
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Figure 6-9: Center of mass of the liquid water
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Figure 6-10: Horizontal spread of the cloud

Further, the centers of mass of the total condensate (figure 6-8) and the centers

of mass of of liquid water (figure 6-9) show that a large fraction of the cloud mass is

in ice phase. The horizontal spreads of the clouds as defined by the spread about the

center of gravity (equation 6.9) and as shown in figure 6-10 are larger for the cases

ka0557,ka0429 and ka1209 and b1643 is leaner in structure. Because the former

cases have larger mean updrafts (figure 6-5), they develop larger downdrafts leading

to secondary cloud formation and the spread of the cloudy area.

Drop Sizes The cloud droplet sizes in the four different clouds simulated are shown

in figure 6-11. The clouds with larger vertical velocities (ka0557 and ka0429) make

larger supersaturation and the cloud droplets grow to larger sizes. But as was seen in

subsection 6.2.1, these cases do not sustain those large supersaturations longer. But

the case b1643, which has sustained vertical velocities throughout the simulation

time of two hours maintains the supersaturations longer and so, the droplet size is

almost constant.

The mean rain drop size (figure 6-12) is larger in the lowest CAPE case ka0557

and the highest CAPE case ka1209 during the initial 20 minutes. The mean cloud
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Figure 6-11: Mean cloud droplet radius
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Figure 6-12: Mean rain drop radius
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droplet sizes in these two cases are the largest during that time (figure 6-11).In the

ka0557 case, the CAPE is low so, the velocities are small and the aerosols have

larger lagrangian times in regions of supersaturation and in the ka1209 case, with

the highest CAPE, the supersaturations are large even though the lagrangian times of

the particles might be small. From 40 minutes to 80 minutes too, the larger rain drop

size in the lowest and highest CAPE cases continues. But after 80 minutes, collision-

coalescence becomes less efficient in the ka0557 (low CAPE) cloud while at the same

time, because of larger cloud drop size in the b1643 case, collision-coalescence is very

efficient and as a result, its rain drop size is the largest.
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Figure 6-13: Maximum rain drop concentration change. During the initial 60 mins,
the case with the lowest CAPE has maximum change in rain drop concentration
indicating effective collision-coalescence whereas during the later 60 minutes, the case
with the heighest CAPE shows the greatest variations. But the variations in ka1209
are lower and numerous than those in ka0557 indicating formation of secondary
clouds.

Collision-coalescence is a dominant process in the low-CAPE and high-CAPE

cases. The plot of the maximum change in rain drop concentration (figure 6-13)

also corroborates. During the initial 40 minutes, ka0557 case has vigorous collision-

coalescence and during the second half of the simulation time, the high-CAPE ka1209

has stronger rain drop formation as shown in the figure. But in the case of the high-
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CAPE cloud, the strong convection results in high downdrafts which cause saturation

of air in the boundary layer and lead to secondary clouds.

Precipitation Precipitation cannot form by condensation processes alone in which

water vapor condenses to liquid or ice particles [Rogers and Yau, 1989]. Precipitation

formation in convective clouds essentially involves collection processes: collection

of liquid particles by liquid particles, collection of ice particles by ice particles or

collection of liquid particles by ice particles. One of the dominant process in which

precipitation sized particles are formed in convective clouds is collision-coalescence,

that is, the collision between cloud droplets and subsequent sticking together to form

a larger drop such that the larger drop has sufficient terminal velocity to reach ground.

The efficiency of collision-coalescence depends on

1. the concentration of the cloud droplets: the larger, the more efficient the process

2. the size of the droplets: the collection efficiency for drop-drop collisions were es-

timated theoretically and observed in laboratory studies by several researchers.

Figure 2-5 shows the field of geometric collection efficiency is defined commonly

as

ELS =
R2

(rl + rs)2
(6.10)

where πR2 is the area swept and π(rL + rs)
2 is the area swept by the collector-

collected particles. It is to be noted that R2 ∼ r2
L as the swept area is impacted

by the nature of hydrodynamic motions of the collector particle and the hy-

drodynamic motion is dependent on the flow field around the drop and the

deformation of the drop.

The plot of collision efficiencies (figure 6-14) shows the theoretical collision efficiencies

of drops in calm air as functions of the small drop radius and the large drop radius.

Some key observations from this plot are:

1. Collision efficiency increases with the small drop radius and the large drop

radius.
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Figure 6-14: Theoretical collision efficiencies of spherical water drops in calm air as
a function of collector drop (large drop) radius and the collected drop (small drop)
radius. The collector radius is given by label of each curve) [Pruppacher and Klett ,
1998]

2. For each large drop radius, there is a cut off small drop radius below which the

collision efficiency is negligible.

3. As the collector radius increases, the above mentioned cutoff small drop radius

decreases, i.e. the larger large drops collide with the smaller small drops more

efficiently than the smaller large drops.

4. The collision efficiency for collector drops larger than 40µm is ∼ 1.0 for small

drop radii greater than 15µm.

Table 6.3 shows the precipitation from each of the simulated clouds and the rele-

vant mean physical quantities which are important in precipitation formation.
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Simulations

ka0557 ka0429 b1643 ka1029

CAPE J/Kg 670 1200 1800 2700

Aggregate Condensate ×1010Kg 2.03 2.67 2.57 3.87

Aggregate Precipitation ×108Kg 1.62 1.94 2.60 2.75

Precipitation Efficiency % 12.51 23.46 28.40 26.80

Cloud droplet diameter µm 43 38 43 44

Rain drop diameter mm 4.83 4.61 5.02 4.80

Cloud droplet conc. ×107/m3 1.63 1.78 1.80 1.72

Cloud water content g/m3 0.19 0.18 0.24 0.24

Rain drop concentration /L 4.81 4.30 5.13 7.58

Rain water g/m3 0.38 0.35 0.47 0.56

Ice content g/m3 0.04 0.04 0.04 0.05

Table 6.3: Precipitation related mean values for the different cases. The aggregates
are the total values summed over the domain for the simulation time. Other quantities
are domain mean values averaged over the simulation time.

The aggregate condensate is the total water vapor that has condensed into water

or sublimated onto ice. As the convective strength of the cloud increases as indicated

by CAPE, the total condensate increases initially, but for b1643, which has a CAPE

of 1800J/Kg, the condensate decreases and again increases for higher CAPE.

The total accumulated precipitation increases from 1.62×108Kg to 2.75×108Kg

as the CAPE increases from 670J/Kg to 2700J/Kg. But increase in precipitation

for an increase in CAPE from 1200J/Kg to 1200J/Kg is large compared to that for

an increase in CAPE from 1800J/Kg to 2700J/Kg.

Further, it is more interesting that the total condensed water decreases from 2.67×

1010Kg to 2.57 × 1010Kg when the CAPE increases from 1200J/Kg to 1800J/Kg.

The higher rain drop radius in the case of 1800J/Kg CAPE also indicates that

precipitation forming processes are very different. In this case, the greater precipita-

tion is not due to enhanced condensation of water vapor because of a larger CAPE
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because, in that instance, the total condensed water would increase as CAPE increases

from 1200J/Kg to 1800J/Kg.

In the case of ka1209 (CAPE = 2700J/Kg), the total condensate is large which,

as discussed earlier, decreased the buoyancy of the cloud, enhanced downdrafts and

led to secondary cloud formation. Some of the increased precipitation from b1643

to ka1209 is due to the secondary clouds in ka1209. Further, the horizontal spread

of b1643 cloud is lower than that of ka1209.

Precipitation Efficiency It is defined as the fraction of condensed water reaching

the surface as rain [Emanuel , 1994]. It is also one of the most ambiguous concept

as it is defined in different contexts differently and although being a widely used

idea in studies involving precipitation, it does not yet find a place in the Glossary of

Meteorology. One of the often used definitions is :

Precipitation efficiency =
Precipitation

Water vapor flux at the cloud base
(6.11)

The original definition [Emanuel , 1994] is difficult to use in observational studies

because it is not possible to measure or estimate the total condensed water in the

cloud and the total precipitation reaching the ground. But in a modeling effort like

the present one, it is possible to compute the precipitation efficiency as the fraction of

total condensate reaching the ground as rain. For the advantages of conformity with

other studies and comparison with observations, the definition given by equation 6.11

is used in the present study.

In the table, the mean precipitation efficiency increases with CAPE, reaches a

peak for 1800 J/Kg and then for the highest CAPE, decreases slightly. This decrease

in high CAPE might be due to the reversal of buoyancy and consequent develop-

ment of downdrafts which evaporate precipitation sized particles. This result has

great significance in explaining the precipitation suppression in events when high

aerosol concentration invigorates convection. The pyroconvective clouds observed in

the Amazon region where precipitation was suppressed is a case in point [Andreae

et al., 2004].
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6.3 Conclusions

Although empirically it is known that the maximum vertical velocity in a deep con-

vective cloud is an increasing function of the convective available potential energy,

the role of microphysics is also important.

By modulating the total condensate, the microphysical processes control the buoy-

ancy of the cloud and hence the vertical velocities. In fact, the dependence and control

is not one way but cyclical and the parameters in the feedback cycle considerably af-

fect the evolution of the cloud and precipitation formation. As is conventionally

assumed, precipitation may not be a linear function of the initial thermodynamic

condition.

But a larger trend that appears in these results is that larger initial instability does

not always translate into larger precipitation efficiency and accumulated precipitation.

Most importantly, the initial thermodynamic conditions with moderate CAPE may

be more efficient in turning water vapor into precipitation.

These results are very important in the context of aerosol-cloud-precipitation as

many studies reported either enhancement or suppression of precipitation and in both

instances, the convection was observed to be invigorated. And in the two different

instances, the invigorated convection resulted in different precipitation scenarios. This

set of experiments is an attempt to understand the effect of such invigoration of

convection in an aerosol-cloud interaction.

The discussion in the previous subsection also points to the possibility that in these

instances of moderate CAPE, the dominant process of precipitation formation is not

collision-coalescence or enhanced deposition of water vapor on to ice and associated

ice particle growth, but some process that involves both ice particles and liquid drops.

The possible mechanisms of these processes are explored in subsequent chapters.
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Chapter 7

Low and High Aerosol

Concentrations

One of the most important characteristic of aerosols by virtue of which they affect

cloud formation, evolution and formation of precipitation is their number concentra-

tion. As the cloud droplets are nucleated on aerosols, the number concentration of

aerosols affects the number concentration of cloud droplets, hence the efficiency of

collision-coalescence dominantly in the warm region of the atmosphere(< 0◦C) and

the course of mixed phase processes in the cold altitudes of the cloud. As noted in

an earlier chapter, 2, the precipitation can be enhanced or suppressed by increased

aerosol concentration in a deep convective cloud. In this set of experiments, an effort

is made to understand the changes in microphysical and dynamical characteristics of

a deep convective cloud brought about by change in the initial aerosol concentration.

In the first experiment, two contrasting initial aerosol concentrations are considered –

100/cm3 and 1500/cm3 – and the dynamical evolution and microphysics are studied.

This has a two fold objective: one, to check if the model can reproduce some of the

well-established knowledge of the response of deep convection to increased aerosol

concentration and two, to investigate if the model with such sophisticated aerosol

activation module can throw new light.

As noted in an earlier chapter, most of the aerosol-cloud-precipitation experi-

ments by earlier researchers were attempts to understand the scenarios of contrasting
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aerosol concentrations – a low and high. In the second experiment, I try to inves-

tigate the structure and evolution of a deep convective cloud at a range of aerosol

concentrations. This study assumes importance as the aerosol concentrations in most

atmospheres are not extremes as in the previous studies, but slowly increasing inter-

mediate concentrations.

7.1 Extreme Concentrations

7.1.1 Initial Conditions

Initial Thermodynamic Condition

The initial thermodynamic condition for this study is taken from the INDOEX In-

tensive Field Campaign. This sounding is the one taken from the research vessel

Ronald V Brown at 16:43 UTC on 18th March, 1999. The skewT-logP plot of this

sounding is shown in figure 6-3. The computed convective available potential energy

of this atmospheric state is 1800J/Kg and the deep convection can be classified as a

moderate thunderstorm.

Aerosol Profile The vertical aerosol profile is shown in the figure 5-6. The aerosols

are ammonium sulphate particles. Their sizes are log-normally distributed with mean

radius 0.124µm and a standard deviation of 0.669µm [Clarke et al., 2002].

Model Configuration The model parameters for these simulations are listed in

the table 6.2. The simulations are all three dimensional and the basic time step of

integration is 5 seconds. The domain is 120km×60kms×20km and has 60×30×50

grid points in the zonal, meridional and vertical directions.

The thermodynamic structure of the atmosphere was initialized with the atmo-

spheric sounding described in in the figure 6-3. Convection was initiated using a

Gaussian bubble of temperature and water vapor perturbation centered at (30,15,3)

grid point. The aerosols were distributed into 5 size bins.
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7.1.2 Results and Discussion
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Figure 7-1: Net condensate in the domain with a low aerosol concentration (100/cm3,
red) and a high concentration (1500/cm3, green). During the initial 20 minutes, the
difference is not considerable but with the initial precipitation onset in both the cases
and the high condensation in c1500, the condensate is on rise.

Total Condensed Water One of the most obvious effects of increased aerosol con-

centration, when other parameters remain same, is that the more numerous aerosols

condense more water. Figure 7-1 shows the increased condensation. The resultant

latent heat increase invigorates convection and hence the vertical velocities are also

large. Figure 7-2 shows that mean vertical velocities are large in the c1500 case which

has 1500/cc aerosols initially.

The evolution of both the clouds is very similar during the initial 20 minutes (figure

7-1). The aerosols start with the same initial thermodynamic condition, condense

almost similar amount of water. But because c1500 has high aerosol concentration,

the almost similar condensed water is distributed among more cloud droplets and as

a result, the cloud droplet size in the high aerosol cloud is smaller than that in the

low aerosol cloud (figure 7-3). Not only are the cloud droplets larger in the c100

case, but also, they grow faster by condensation during the initial 20 minutes as the

low aerosol and cloud droplet concentrations can not quench the supersaturations;
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Figure 7-2: Mean vertical velocity
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Figure 7-3: Mean cloud droplet size. With aerosol concentration increase, the droplet
diameter decrease but not as much to turn off collision-coalescence.
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whereas in the high aerosol case, the large number of aerosols and cloud droplets

condense water vapor faster and reduce supersaturations quickly.

Another interesting observation from this plot of cloud droplet sizes is that the

mean cloud droplet size is set in the initial 20 minutes and the size is almost constant

during the rest of the cloud time. The mean cloud droplet concentration also shows

a similar trend. Most of the aerosols in the cloud base are activated during the initial

20 minutes if the initial vertical velocities are sufficient to build sustained supersatu-

rations. So, the further growth of these aerosols is contingent upon the equilibration

times of the aerosols and cloud droplets and the times for which supersaturations

are sustained. In the high aerosol instance, the supersaturations are not sustained

longer for two reasons. One, the cloud droplets are smaller and hence they have

faster growth rates by condensation and second, there are more cloud droplets which

deplete water vapor. Both these effects keep the drop size smaller. The drop size in

the high aerosol concentration case is almost half of that in the low aerosol instance.

Collision-coalescence is a strong function of the size of the collector and collected

drops. As discussed in the subsection 2.4.1, the efficiency of this process of rain drop

formation is strongly dependent on :

• the cloud droplet sizes: The area swept by the collector drop is larger for the

larger cloud droplets and so, the low aerosol instance has an advantage.

• the cloud droplet concentration: The collision frequency of the cloud droplets

increases linearly with cloud droplet concentration, and so, the high aerosol

instance has an advantage.

In stratocumulus and small cumulus clouds, the water contents and supersatu-

rations built are smaller than those in deep convection. So, in those clouds, the

cloud droplet sizes are too low making collision-coalescence very inefficient in the

high aerosol cases. But as the plot 7-3 shows, the cloud droplet size in the high

aerosol case increases to 25µm when the collision efficiency is appreciable [Curry and

Webster , 1999]. As a result, the rain drop size in the high aerosol case is larger than

that in the low aerosol case during the initial 20 minutes and later, the size advantage
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described in (a) above makes the rain drops in the low aerosol case bigger.

Thus, although the conventional wisdom accumulated through a large number

of studies, in stratocumulus and other cloud types with less water contents and up-

drafts, suggests that collision-coalescence is rendered very inefficient, in these kinds

of clouds – marine deep convective – which have large water contents and vigorous

vertical motions, collision-coalescence might not be too inefficient that precipitation

is completely suppressed.

7.1.3 Buoyancy

The evolution of buoyancy of the cloud has important influence on the interaction of

microphysics and dynamics in a deep convective cloud.
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Figure 7-4: Mean buoyancy of the cloud

Figure 7-4 shows the evolution of buoyancy. Buoyancy is calculated using the

expression 6.7. During the initial 40 minutes, the latent heat release due to conden-

sation and deposition of water vapor dominates over the condensate drag. But after

40 minutes, both the clouds have large condensates and the drag exerted on verti-

cal motion of air by the condensate makes the clouds negatively buoyant. And the

larger condensate in the high aerosol case makes the cloud too negatively buoyant.
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Figure 7-5: Mean rain water in the cloud

Thus the high aerosol cloud has stronger downdrafts which evaporate precipitation

particles formed in the upper troposphere and lead to secondary cloud formation.

Albrecht [1989] hypothesized that increased aerosol concentrations suppress pre-

cipitation, enhance the colloidal stability of the cloud and hence increase cloud life

times. But the large eddy simulations of warm convective clouds by Jiang and Fein-

gold [2006] show that the cloud life times are statistically similar. They observed

that horizontal gradient of buoyancy increases and the total buoyancy of the cloud

decreases. In the present study, the generation of downdrafts due to condensate drag

leads to an equivalent conclusion.

Precipitation As discussed above, collision-coalescence may not be very efficient

in the high aerosol case. The rain water (figure 7-5) in the high aerosol case is almost

double that in the low aerosol case.

But the precipitation formation in a deep convective cloud occurs not only through

collision-coalescence but also through the ice phase. The mean ice and graupel con-

tents in the two cases [figures 7-6, 7-7] show that the ice and mixed phase processes

are very active in the high aerosol case because of the large condensate loading to
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Figure 7-6: Mean ice content in the cloud
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Figure 7-7: Mean graupel content in the cloud
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invigorated convection.

The precipitation-sized particles formed in the upper and middle troposphere have

the following disadvantages in reaching the ground compared to those formed in the

lower troposphere through collision-coalescence:

1. They have long lagrangian times due to the high altitudes they have to traverse

and for tow drops that start at different altitudes, the one starting higher will

be evaporated longer and so more.

2. The mixed phase/ice particles which form in higher altitudes have lower density

than the same sized drops in the lower troposphere and hence, their terminal

velocities are low.

3. The invigorated convection creates large updrafts in the middle and upper tro-

posphere and these particles may not have sufficient resultant fall speeds.
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Figure 7-8: Precipitation from the cloud. With increasing aerosol concentration,
precipitation is intense and in short periods.

Thus precipitation from increased aerosol concentrations is less efficient as most of

these precipitation particles are evaporated in the lower atmosphere as shown in the

figure 7-9. But the evaporated precipitation in the lower troposphere and boundary
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Figure 7-9: Mean precipitation efficiency from water vapor flux at the cloud base

Simulations

c100 c1500

Aggregate Condensate ×1010Kg 1.48 4.0

Aggregate Precipitation ×108Kg 2.26 2.38

Precipitation Efficiency % 35 20

Cloud droplet diameter µm 68 39

Rain drop diameter mm 5.08 4.75

Cloud droplet conc. ×106/m3 2.67 3.87

Cloud water content g/m3 0.17 0.26

Rain drop concentration /L 3.47 7.75

Rain water g/m3 0.34 0.63

Ice content g/m3 0.03 0.05

Table 7.1: Summary of the mean cloud microphysical quantities for the low and
high aerosol cases. The aggregates are the total values summed over the domain
for the simulation time. Other quantities are domain mean values averaged over the
simulation time.
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layer leads to secondary clouds which may precipitate by collision-coalescence. Thus

the total precipitation may increase as shown by the table 7.1.

Figure 7-8 shows the mean precipitation from the two clouds. It is interesting

that in the low aerosol instance, the precipitation is mostly steady whereas in the

high aerosol case the precipitation occurs in periods of intense rain and low rain.

7.1.4 Conclusions

• The model captures some of the well understood and established aspects of the

effect of increased aerosol concentration on deep convective clouds.

• The cloud droplet sizes in high aerosol concentrations are not rendered so small

that collision-coalescence is suppressed to a large extent.

• Convection is invigorated during the initial stages of cloud growth but as the

total condensate increases, buoyancy is reduced.

• The evaporation of precipitation formed in mixed phase and ice phase processes

makes precipitation formation less efficient.

• Precipitation occurs in spells of intense and less intense rain.
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Chapter 8

Intermediate Aerosol

Concentrations

The concentrations of aerosols in pristine environments are low and those in highly

polluted atmospheres are very high. But these are extreme ends of the aerosol concen-

tration distributions around the world. Most of the rest of the world has intermediate

concentrations. And these intermediate concentrations are also gradually rising. As

discussed in an earlier chapter, it is important to understand the impact of these

intermediate concentrations on clouds. Perhaps the earlier researchers were of the

opinion that it was easy to detect the signal of impact of the contrasting aerosol

concentrations.

In the following subsections, the different characteristics of the clouds evolved in

changing aerosol concentrations are discussed. A very interesting aspect is precipita-

tion enhancement in a small range of intermediate aerosol concentrations. A possible

mechanism of this new precipitation enhancement is discussed.

8.1 Initial Conditions

Initial Thermodynamic Condition Since in this set of experiments the effect of

aerosols is studied, all other parameters and initial conditions are kept constant. The

atmospheric sounding to initialize the model is taken from the soundings taken during
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the INDOEX Intensive Field Campaign. This sounding was taken from the research

ship R/V Ronald V Brown on 18th March, 1999 at 16:43 UTC. The skewT-logP

plot of this sounding is shown in figure 6-3. This sounding has a convective available

potential energy of 1800 J/Kg and it corresponds to a moderate thunderstorm.

Aerosol Profile Figure 5-6 shows the vertical structure of aerosol concentration.

As discussed earlier, this profile was observed in the tropical marine atmosphere in the

INDOEX region. The composition of the aerosols is ammonium sulphate. Their sizes

are log-normally distributed with mean radius 0.124 µm and a standard deviation of

0.669 µm [Clarke et al., 2002].

Model Configuration Table 6.2 lists the important parameters of the model used

for these simulations.

The simulations are all three dimensional, and the basic time step of integration

is 5 seconds. The domain is 120 Km× 60 Km × 20 Km with 60 × 30 × 50 grid points

in the zonal, meridional and vertical directions. The thermodynamic structure of the

atmosphere was initialized with the atmospheric sounding described in an earlier sub-

section. Convection was initiated using a Gaussian bubble of temperature and water

vapor perturbation centered at (30,15,3) grid point. The aerosols were distributed

into 5 size bins. The aerosol concentrations used were 100, 200, 400, 600, 700, 800,

1000 and 1500.

8.2 Results and Discussion

Mean Characteristics

As discussed in the previous experiments,the first clear effect of increasing aerosol con-

centrations is increased condensation and hence higher total condensed water. Figure

8-1 shows the mean water content in g/m3 of air in the clouds evolved with different

initial aerosol concentrations. During the initial 20 minutes, the condensation in the

different cases is roughly an increasing function of the aerosol concentration. The
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Figure 8-1: Mean condensate

different condensates result in different amounts of latent heat. Thus one effect of

increasing aerosol concentration is invigoration of convection. This acts as a positive

feedback and the total condensate in all the cases increases up to 40 minutes. As

noted earlier, condensate reaches a maximum at about 40 minutes and there is no

appreciable increase in the mean condensate later. But the total condensate in the

domain (figure 8-2) monotonically increases. Clearly, the mean condensate concen-

tration (figure 8-1) and the total condensate in the domain (figure 8-2) increase with

the aerosol concentration. But the increase is not monotonic. They increase in the

order 100 → 200 → 400 → 600. But from 600 to 700, they decrease and increase

again to 1500.

Since the latent heat generated in condensation drives the vertical motions, the

vertical velocities roughly correlate with the total condensate. The mean vertical

velocity (figure 8-3) is the minimum for the c700 case except the c100 case which has

the lowest aerosol concentration. Also, the vertical velocities increase with aerosol
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Figure 8-2: Total condensate
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concentration.

The cloud droplet diameter almost monotonously increases with aerosol concen-

tration as observed by Twomey(Twomey effect). But the sizes are still not so small

that collision-coalescence is completely shutoff.

8.2.1 Buoyancy

Figure 8-4 shows the mean buoyancy in the cloud for the different aerosol cases.

The buoyancy increases or remains positive during the time the latent heat release

dominates in the expression for buoyancy (figure 6.7). Once the condensation and

sublimation reach a steady state (as much water is condensed as is evaporated) and the

condensate drag starts dominating, the mean buoyancy of the cloud starts becoming

negative. Because the c100 case, which has 100 aerosols per cubic centimeter initially,

has the lowest aerosol concentration, hence the lowest condensed water, has lower

buoyancy initially for the first 40 minutes but because it has the lowest condensate,

after 40 minutes, has the highest buoyancy.

The mean buoyancy increases with aerosol concentration during the first 40 min-

utes. But after 40 minutes, the buoyancy decreases with aerosol concentration.

A very interesting feature of this plot is that, even though c700 has 700 /cm3

aerosols, it has the lowest buoyancy except the c1500 which according to the above

argument has the least buoyancy.

The center of gravity analysis as used in the section 5 shows in the present context

that the c700 case attains its maximum height sooner than the other cases and also,

it spreads in the horizontal direction much earlier than the other clouds.

The total quantities of ice, graupel, rain and total condensate are shown in the

figures 8-5, 8-6, 8-7, 8-2. In all of them, the respective quantities increase with

aerosol concentrations. Initially, the c700 cloud has greater than the rest of the

clouds. Because this cloud reaches higher altitudes earlier than the other clouds, the

ice content in this cloud might be greater from 20 minutes to 40 minutes. It also

has greater rain water from 80 minutes to 120 minutes. But the graupel content is

very low, higher than only c100. And as graupel is the largest fraction of the total
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Figure 8-5: Total ice content in the cloud with a range of initial aerosol concentrations
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Figure 8-6: Total graupel content in the cloud with a range of initial aerosol concen-
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Figure 8-7: Total rain water in the cloud with a range of initial aerosol concentrations
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condensate, the total condensate content of c700 is also less.

8.2.2 Precipitation

The table 8.1 shows some of the important cloud fields related to precipitation.

The total condensate during the simulation time (120 minutes) increase with

aerosol concentration up to 400 /cm3 and then there is a decrease – the minimum

being for 700 /cm3. With further increase to 1000 /cm3 and 1500 /cm3, the total

condensate increases again.

The cumulative precipitation increases with aerosol concentration initially, up to

200 /cm3 and then decreases because collision-coalescence becomes less efficient due

to smaller cloud droplet size. The decrease in the mean drop size can be seen in the

cloud droplet size column.

The precipitation efficiency as defined and discussed in 6.2.2 decreases with aerosol

concentration up to 600 /cm3 and then, there is a sudden increase for 700 /cm3 and

800 /cm3 and then it monotonically decreases for higher aerosol concentrations. Cloud

droplet size, cloud droplet concentration, and cloud water content are monotonic

functions of aerosol concentrations. But rain drop size, rain drop concentration and

rain water content have jump at 700 /cm3 and 800 /cm3. The rain drop size increases,

the rain drop concentration and rain water content decrease.

8.2.3 Precipitation Formation

The theory of precipitation formation discussed in subsection 7.1.3 and the mech-

anisms used to explain precipitation formation reasonably explain the variations in

total condensate, precipitation and other dynamical and microphysical fields. But

the cases 700 /cm3 and 800 /cm3 are anomalous. To bring the deviant characteristics

of these cases, I list their anomalous features:

1. While the total condensate in the cloud domain monotonically increases, these

two cases have lower condensate than the previous aerosol concentration cases.
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2. Vertical velocities in the different cases increase from low aerosol concentration

(100 /cm3) to the high aerosol concentration (1500 /cm3). But these two clouds

– 700 /cm3 and 800 /cm3 – have lower velocities.

3. The precipitation decreases with aerosol concentration in general, whereas these

two clouds have higher accumulated precipitation.

4. Their mean precipitation efficiencies averaged over the whole simulation time

are large.

5. With increasing aerosol concentration, the cloud droplet size decreases. As

a result, collision-coalescence becomes less efficient. Thus, the rain drop size

decreases. But these two cases have larger rain drops than the immediately

preceding and succeeding cases.

6. Lastly, the buoyancy of these cases is very low. Particularly, the buoyancy of

700 /cm3 is higher than only that of 1500 /cm3 cloud which is the least buoyant

due to high condensate load.

Thus it is clear that at the intermediate aerosol concentrations, there is deviant re-

sponse. If convection invigoration with increased aerosol concentration is assumed,

then it would result in larger condensates, high vertical velocities and increased buoy-

ancy. Thus, it is clear that it is not the only mechanism operating.

Analogy Between CAPE and Aerosol Concentration Aerosol concentration

increases have been found to result in invigoration of convection in many observa-

tions and modeling studies [Khain et al., 2004, 2005; Wang , 2005]. Thus in a way the

evolution of clouds in atmospheres with increased aerosol concentrations is similar to

that in atmospheres with increasing CAPE. Thus the dynamical fields like vertical ve-

locity, buoyancy and precipiation show a similar response with aerosol concentration.

In fact, comparison of tables 6.3 and 8.1 shows that the response of the different cloud

fields to increasing CAPE is analogous to that to increasing aerosol concentration.
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A very interesting observation of this analogy is that the characteristics of the

deviant clouds discussed above – 700 /cm3 and 800 /cm3 – are very similar to the case

with intermediate CAPE – b1643 (CAPE = 1800 J/Kg). Some of their similarities

are: less condensate, low vertical velocities, higher precipitation, higher precipitation

efficiency and low buoyancy. But still, the mechanisms used to explain precipitation

enhancement with convective strength do not explain some of the features listed

above. Two common mechanisms used to explain precipitation formation in deep

convective clouds are :

1. collision-coalescence of cloud droplets which occurs predominantly in the warm

(> 0◦C) region of the troposphere and

2. deposition/sublimation of water vapor on to ice/graupel and subsequent accre-

tion of ice/graupel particles.

The second mechanism is usually invoked as invigorated convection increases the

buoyancy of the cloud and creates supersaturations which are favorable for deposi-

tion/sublimation of water vapor on to ice/graupel. A possible mechanism is suggested

and discussed in the next section.

8.3 A New Perspective in Precipitation Enhance-

ment

In the absence of an explanation for the response of the precipitation enhancement

with 700 /cm3 and 800 /cm3 initial aerosol concentrations, it is hypothesized that ’the

dominant mechanism for growth of precipitation-sized particles is collection of liquid

drops by ice and graupel’.

To elucidate this mechanism, the cloud is divided into three regions as shown in

the schematic 8-8.

1. Warm region The region in the lower troposphere where the temperature is

greater than 0◦C. Most of the cloud droplets form here, go through collision-

coalescence to form rain drops.
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Figure 8-8: A schematic of a deep convective cloud divided in to three levels. The
lower warm region has a temperature greater than 0◦ C. The upper homogeneous
freezing region has temperature less than −35◦ C and the collection region between
them has the temperature between 0◦ C and −35◦ C.
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2. Homogeneous freezing region The temperature of this region is less than

−35◦C. At these low temperatures, water drops freeze homogeneously [Heyms-

field et al., 2005]. So, any supercooled cloud droplets or rain drops that are

transported to this altitude freeze homogeneously and turn in to ice. These ice

particles sublimate water vapor, grow larger and start falling when they have

appreciable terminal velocities.

3. Collection region Ice nuclei present at this level are activated at these tem-

peratures and ice crystals are nucleated heterogeneously. The homogeneously

frozen supercooled liquid drops in the homogeneous freezing region also deposit

water vapor, grow and fall into this region. Those falling ice crystals collide

and stick with other ice particles and also the liquid drops transported up in

the convective updrafts.

According to the hypothesis stated at the start of this subsection, it is this collision

of liquid drops by ice and graupel particles that leads to the formation of precipitation-

sized particles. For this to happen, the collection of liquid drops by ice and graupel

has to be an efficient process. In the next subsection, this collection efficiency is

discussed.

8.3.1 Collection of Liquid Drops by Ice Crystals

The mechanism of collection of liquid drops by ice particles were theoretically studied

in a pioneering study by Pitter and Pruppacher [1974]. They solved the hydrodynamic

interaction between simple ice plates, assuming them to be oblate spheroids with very

small axis ratio (0.05), and spherical water drops for realistic atmospheric conditions.

Figure 8-9 shows the collision efficiencies of ice plates with liquid water drops as

a function of drop radius as. Figure 8-10 shows the collision efficiencies of broad-

branched ice crystals with liquid drops as a function of drop radius as. Some of the

most important results of their study which are relevant to the present context of the

thesis are discussed below:
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Figure 8-9: Collision efficiency of plate ice particle colliding with liquid drops as a
function of drop sizes for various Reynolds numbers of the crystals. d is the diameter of
the ice/graupel particle, h is the thickness of the ice crystal, and NRe is the Reynolds
number of the crystal. (1) NRe = 1, d = 160 µm, h = 18 µm; (2) NRe = 2, d =
226.5 µm, h = 20 µm; (3) NRe = 10, d = 506.5 µm, h = 32 µm; (4) NRe = 20, d =
716.3 µm, h = 37 µm; (5) NRe = 35, d = 947.6 µm, h = 41 µm; (6) NRe = 60, d =
1240 µm, h = 45 µm; (7) NRe = 90, d = 1500 µm, h = 48 µm; (8) NRe = 120, d =
1700 µm, h = 49 µm. [Pruppacher and Klett , 1998]

1. The cutoffs One of the important features of the two figures is that each

collecting ice plate collects only within a drop size range and outside this range,

the collision efficiency is effectively zero.

2. As the ice crystal size increases, the size of of the drops with which it can collide

also increase.

3. The small drop size cutoff If a cloud has a narrow drop size spectrum of

small drops, the ice particles must grow to relatively larger sizes for the collision

efficiency to be appreciable and for riming to start.

4. Apart from the cutoffs on the drop sizes, there is a minimum plate size below
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Figure 8-10: Collision efficiency of broad-branched ice particles colliding with liquid
drops as a function of drop sizes for various Reynolds numbers of the crystals. d is
the diameter of the ice/graupel particle, h is the thickness of the ice crystal, and NRe

is the Reynolds number of the crystal. (1) NRe = 1, d = 200 µm, h = 15 µm; (2)
NRe = 2, d = 250 µm, h = 18 µm; (3) NRe = 10, d = 700 µm, h = 32 µm; (4) NRe =
20, d = 1000 µm, h = 40 µm; (5) NRe = 35, d = 1500 µm, h = 50 µm; (6) NRe = 60,
d = 2000 µm, h = 60 µm; (7) NRe = 90, d = 2500 µm, h = 65 µm; (8) NRe = 120, d
= 3100 µm, h = 73 µm. [Pruppacher and Klett , 1998]

which the ice crystal can not collect any drops.

5. The efficiency of colliding with a drop of a given size increases as the ice crystal

increases.

Although all the above results are important in determining the variation of col-

lection efficiency with initial aerosol concentration, result 3 is crucial.

One of the important consequence of increased aerosol concentration is that the

cloud droplet size spectrum becomes narrow and is shifted towards the lower cloud

droplet sizes [Liu and Daum, 2002; Lu and Seinfeld , 2006]. Thus, result 3 implies

that the collision efficiency is very low until the ice crystals grow large enough.
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At the left end of lower aerosol concentrations, although the drop sizes are large

and the size distribution is broad, the concentrations of cloud and rain drops and ice

particles are small for collection to efficiently form precipitation.

Terminal Velocities The terminal velocities and the relative velocity of the collec-

tor and collected particles play a very important role in the collection process. Some

of the important points regarding the terminal velocities are discussed below.

1. For an ice particle and a water drop of equal mass, because of viscosity of air,

the water drop has higher terminal velocity due to its higher density.

2. The updraft speeds, which are usually high in an invigorated convection, reduce

the terminal velocities of the ice particles and in some instance, even advect

them up. This makes collection less efficient. Heymsfield et al. [2005] noted

during a study of cloud microphysics in tropical deep convective cores that,

collection of liquid drops was rendered inefficient due to high updraft speeds.

8.3.2 The Mechanism

In view of the above discussion of terminal velocities and collection efficiencies, I

discuss the mechanism of precipitation enhancement in the following steps. The

schematic 8-11 helps in understanding this process.

1. The process starts with sufficiently large ice/graupel particles which have ap-

preciable terminal velocities in the collection region shown in the schematic

8-8.

2. The efficient collection results in large size of the graupel particles. The large

graupel particles have greater terminal velocities and hence spend less time in

the atmosphere and so less evaporation.

3. Since the precipitation-sized particles evaporate less, the relative humidities

created due to evaporation of precipitation are small. As a consequence, the

fresh condensation of water vapor is less.
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4. The low condensation means less latent heat release and hence lower updrafts

and these lower updrafts keep collection efficient.

An interesting characteristic of this mechanism is that it is self-sustaining. And

that would lead to long living deep convective clouds as opposed to the clouds

with high initial aerosol concentrations in which the strong updrafts result in

strong downdrafts and the cloud is highly negatively buoyant.

When the mechanism described above is applied to the 700 /cm3 case, the de-

viant characteristics are readily explained.

• Low condensate

• Low updrafts

• Low buoyancy

• High precipitation

• High precipitation efficiency

5. If the relative humidities are kept low due to lower evaporation and lower up-

drafts, it is possible that the atmosphere is just saturated with respect to ice and

under-saturated with respect to water. In such a situation, Bergeron process

in which the cloud droplets evaporate and the ice crystals in proximity deposit

water vapor and growmay be efficient. Even in such case, no new condensate is

created but already condensed water is converted in to ice.

8.3.3 Evidence

Some of the facts that provide credence to the theory are:

1. Plot of mean ice particle size (figure 8-12) shows that the ice particle size

decreases monotonically with aerosol concentration. But at the intermediate

aerosol concentrations, the size increases. The two possible reasons for this

increase are Bergeron process and deposition of water vapor.
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Figure 8-12: Mean ice particle diameter in the collection region

2. Plot of mean rain drop concentration ,figure 8-13, displays the rain drop con-

centration as a function of the initial aerosol concentration. Because of efficient

collection of rain drops by ice crystals and graupel, the rain drop concentration

is low in the intermediate range.

3. The graupel size in the collection region shown in the figure 8-14 has a jump at

700 − 1000 /cm3

4. If the liquid drops are effectively collected in the riming region, then only the

small drops which escaped collection would be lofted and reach the homogeneous

freezing region. Using the aircraft data collected during CRYSTAL-FACE (Cir-

rus Regional Study of Tropical Anvils and Cirrus Layers – Florida Area Cirrus

Experiment) experiment, Heymsfield et al. [2005] observed that the large drops

were efficiently collected in the middle troposphere and as a result, the mean

size of the cloud drops in the homogeneous freezing region was small. They

also found that the efficient collection was facilitated by lower updrafts in the
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Figure 8-13: Mean rain drop concentration in the collection region
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Figure 8-14: Mean graupel particle diameter in the collection region
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Figure 8-15: Mean cloud droplet diameter in the homogeneous freezing and riming
regions
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Figure 8-16: Cloud droplet concentration in the homogeneous freezing and riming
regions
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Figure 8-17: Activated particle concentration in the homogeneous freezing and riming
regions

riming region.

In the present study, the reduction of mean cloud droplet diameter from rim-

ing region to the homogeneous freezing region is not very clear. Figure 8-15

shows the mean cloud droplet diameters in the riming and homogeneous freez-

ing regions. For initial aerosol concentrations up to 700 /cm3, the cloud droplet

diameter is greater in the homogeneous freezing region. Figure 8-16 shows the

cloud droplet concentration in the homogeneous freezing region and the rim-

ing region. In the intermediate aerosol concentration regime, particularly at

aerosol concentration at which the anomalous behavior is very prominent, the

cloud droplet concentration in the homogeneous freezing region is less than that

in the riming region where as for all other concentrations, they are almost same.

This, as Heymsfield et al. [2005] suggested, may be due to the effective collection

in the riming region.

5. In another comprehensive study Heymsfield et al. [2009] analyzed aircraft data
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collected during seven field campaigns at tropical latitudes. They found large

concentrations of small ice crystals, which were generated through homogeneous

ice nucleation. They reasoned that the conditions which favor this formation

of large numbers of small ice particles are high concentrations of CCN, removal

of most of the liquid droplets below homogeneous freezing region and strong

updrafts at upper levels.

Figure 8-17 shows the concentration of activated particles in the homogeneous

freezing and riming regions. As hypothesized earlier, the collection in the riming

region is very efficient at these intermediate aerosol concentrations and the rel-

ative humidities are also low. Thus activation of aerosol particles is suppressed

in the riming region. These unactivated aerosols are activated at the upper lev-

els and as a result, the concentration of activated particles in the homogeneous

freezing region is greater and in the riming region, activation is suppressed.

8.3.4 Observational Evidence

Observations of aerosol effects on clouds in general and precipitation in particular in

nature are rendered almost impossible by the vastly diverse atmospheric conditions,

different emission sources of gases and aerosols which modulate the aerosol compo-

sition, concentration and size distribution and the different cloud types. The vast

majority of our understanding of aerosol-precipitation is derived from the deliberate

cloud seeding experiments. So, although not studied or described in the detail in this

work, the following events/studies/experiments point to some circumstantial evidence

to the microphysical processes occurring at intermediate aerosol concentrations.

1. Silverman [2003] assessed hygroscopic seeding of convective clouds for rain fall

enhancement at several sites around the world (Mexico, South Africa and oth-

ers). Convective clouds were hygroscopically seeded. As an effect of seeding,

precipitation was enhanced and the seeding effect was seen much beyond the ini-

tial production of precipitation. Model simulations[Yin et al., 2001] suggested

increase in rain fall which were due to increase in graupel number concentrations
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and mass which were a result of increased concentration of larger drops. But

Yin attributed the enhanced precipitation beyond 30 minutes, which is assumed

to be the time of effect of seeding, to problems in radar estimation.

Silverman et al. [1996], cognizant of this problem in the radar estimation of

rain fall, performed the same experiment in Thailand and they measured the

rain spectra below seeded and unseeded clouds and the spectra were similar in

shape. They concluded that the radar estimated rain fall were true. So, this

was a puzzle. The mechanism proposed in this work explains the long lasting

clouds with heavy precipitation.

2. Very localized cloud bursts with intense precipitation occurred on 26th July,

2005 in and around Mumbai, India. The radar pictures showed that these deep

convective clouds had heights of 15 Km. Most of them were single clouds which

lasted for several hours and caused record precipitation. The radar pictures

showed that the precipitation formed at 10-12 Km height.

There were several attempts to simulate this event Vaidya and Kulkarni [2007];

Kumar et al. [2008]. But the mechanism of precipitation formation and other

important features like the long life of the cloud could not be explained. This

instance also provides circumstantial evidence to the theory of intermediate

aerosol concentration on precipitation discussed earlier in this chapter. Some

features like the long cloud life time and heavy precipitation can be explained

using the mechanism proposed in this thesis.

8.4 Conclusions

The main results of this study are summarized in the following lines.

1. Increasing aerosol concentrations invigorate convection.

2. The mean condensate and the total condensate in the domain increase with

aerosol concentration but for intermediate aerosol concentrations, they decrease.
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3. The buoyancy of the cloud increases initially with increasing aerosol concen-

tration. At intermediate aerosol concentrations, the mean buoyancy decreases.

For a particular intermediate aerosol concentration, the buoyancy is very low,

being higher than that of only the highest aerosol concentration case.

4. The mean buoyancy of the cloud is a result of the interplay between the dy-

namics and microphysics.

5. As aerosol concentration increases, the increasing condensate reduces the buoy-

ancy.

6. Precipitation and precipitation efficiency initially decrease with aerosol concen-

tration. But for intermediate concentrations, both these quantities increase and

with further rise in aerosol concentrations, they decrease.

7. At intermediate concentrations, the deep convective clouds respond anoma-

lously.

8. Analysis shows that the precipitation forming mechanism is the collection of rain

drops by ice and graupel particles and this is very efficient at these intermediate

concentrations.

9. These intermediate concentration clouds have lower buoyancy, longer lifetimes

and lower condensates compared to the clouds with low and high aerosol con-

centrations.

10. With the premise that increased aerosol concentration invigorates convection, a

juxtaposition of the response of deep convection to increasing CAPE and that

to increasing aerosol concentration show similar behavior. So ,the anomalous

behaviour at the intermediate concentratioin is very robust.

11. The effect is also shown with a different initial thermodynamic condition.

12. Circumstantial evidence is shown by observations.
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Figure 8-18: Mean rain drop diameter in the collection region

162



Chapter 9

Summary & Conclusions

In this last chapter of the thesis, the goals, the different chapters, the important

results are summarized. In the last sections of the chapter, the limitations of this

study are discussed and future directions are proposed.

9.1 Goals of this thesis

Aerosol activation is the weakest link in understanding the impact of aerosols on

clouds and hence precipitation. As our understanding of aerosol physics and chem-

ical processes advances through observations, modeling efforts and development of

theory, it is expected that our perspective on aerosol-cloud interaction takes into ac-

count those advances to understand the processes in aerosol-cloud interactions better.

In this work, such an effort is made to bring some of the new techniques of modeling

aerosol representation, physics and chemistry in to a cloud model. This is expected

to replace some of the parametrization in the cloud model so that a long standing de-

mand of the cloud physics community that aerosol activation be represented in cloud

models using more fundamental aerosol physics and chemistry is fulfilled. MELAM,

the aerosol activation model used in this thesis is capable of computing activation of

very complex aerosol populations with different size distributions, compositions and

mixing states. The model is capable of treating gas chemistry and dissolution of gases

into the aerosol particles.
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One of the primary goal of this work was to develop a coupled model in which

the aerosol activation is computed taking into account the full aqueous chemistry and

size distribution of the aerosols. To achieve this goal, the aerosol activation model

MELAM has been coupled to a cloud resolving model.

The developed model has been used to simulate a deep convective cloud observed

during INDOEX observational campaign. This helped understand the strengths and

limitations of the coupled model. At the same time, this study also provided per-

spectives in conducting observational campaigns so that the model and observational

data can be used together to better our understanding of aerosol and cloud processes.

The third goal of this work was to use the coupled model to study the sensitivity of

the model to different initial thermodynamic conditions. This experiment also helped

in understanding how the cloud structure, microphysical evolution and precipitation

formation are affected by the initial thermodynamic condition.

The fourth goal of this thesis was to simulate the response of a deep convective

cloud to a low aerosol concentration (representing pristine atmospheres) and a high

aerosol concentration (representing polluted atmospheres). Since a lot of the research

for the last one decade has been in understanding this transition from pristine to

polluted clouds, this objective also helped in evaluating the ability of the coupled

model in reproducing the well-understood and accepted knowledge.

With the confidence gained from the previous objectives, the model has been used

to study the response of a deep convective cloud to a range of aerosol concentrations.

The studies of response of deep convection to increasing aerosol concentrations

have particularly looked at the interaction of dynamics and microphysics and the role

of this interaction in precipitation formation.

Structure of the thesis In line with the above goals, the thesis is structured as

follows.

The theoretical aspects of aerosol activation and formation of cloud droplets and

how this process is represented in current cloud models is discussed in the second

chapter. Further, the chapter describes the problems with these representations and

164



points to the need for a new coupled cloud model that computes aerosol activation

using aerosol physics and chemistry. A section of the chapter discusses the precip-

itation formation process and the last part of the chapter gives a critical review of

the important efforts in the past one decade understanding aerosol-deep convection-

precipitation interactions.

The third chapter describes the models used – aerosol activation model MELAM

and the cloud resolving model – to develop the coupled model and looks at the

capabilities and assumptions of the new coupled model.

The fourth chapter deals with aircraft observations collected during the INDian

Ocean EXperiment of a deep convective cloud. This data has been used to validate the

coupled model and for initializing the coupled model in the subsequent experiments.

The fifth chapter describes the simulation of the deep convective cloud that was

observed during INDOEX. The conditions of the Indian Ocean region during the

deep convection are discussed and they show that the meteorological conditions were

conducive for convection. The mean properties of the observed cloud are discussed.

The assumptions in sampling the model results to compare with observations, the

statistical test used and the results of the statistical test are examined.

In the sixth chapter, the sensitivity of the model to initial thermodynamic condi-

tions is studied. Apart from the experimental conditions, a new technique of analyzing

clouds using the concept of center of gravity and the theory of precipitation formation

are discussed in the context. The results of the effect of the initial thermodynamic

condition on deep convection are analyzed.

In the seventh chapter, the effect of contrasting aerosol concentrations on the

dynamics and microphysics of deep convection is studied. The results are discussed

in light of previous studies and results. The eighth chapter looks at the effect of a

range of aerosol concentrations on the interplay between dynamics and microphysics

and their role in forming precipitation.
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9.2 Conclusions

In the present section, the conclusions from the results of the four experiments are

summarized.

9.2.1 Simulation of a deep convective cloud observed during

INDOEX

1. To understand the ability of the model to simulate the observed cloud, the cloud

fields at five levels in the observed cloud were compared with the cloud fields at

the corresponding levels in the model domain using Mann-Whitney U test with

the null hypothesis that the observed and simulated cloud fields have the same

underlying distribution at each height level.

2. The vertical velocities and cloud droplet number concentrations are simulated

reasonably well.

3. The simulated cloud water and drop sizes compare well with the observations

at some levels and there are discrepancies at others.

4. When the updrafts were simulated well, the cloud droplet number concentra-

tions are also simulated with statistical significance. This shows that the aerosol

activation model is very accurate in predicting the cloud droplet number con-

centration.

5. Monte-Carlo resampling technique showed that the results are robust.

6. In spite of the severity of the comparison, several of the simulated cloud fields

compare well with the observations. This is significant.
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9.2.2 Sensitivity of the Coupled Model to Initial Thermody-

namic Condition

1. The mean vertical velocity increases with CAPE. But for an intermediate CAPE

value, the mean vertical velocity is the lowest, lower that that of the lowest

CAPE.

2. The mean buoyancy in the cloud corroborates the above conclusion: the inter-

mediate CAPE case (CAPE = 1800J/Kg) has the lowest mean buoyancy.

3. Generally, it is expected that total condensate, precipitation and precipitation

efficiency increase with CAPE. But the results of this experiment show that,

these quantities show anomalous behavior at intermediate CAPE. The case in

this experiment with an initial CAPE of 1800J/Kg has a lower condensate,

highest precipitation efficiency, rain drop size and higher cloud droplet concen-

tration.

4. The intermediate CAPE case also has lower girth and most of the mass of the

cloud is at a lower height than in the other cases as shown by the center of

gravity analysis.

5. Collision-coalescence is efficient in the lowest CAPE situation during the first

half of the simulation time where as it is highest in the second half of the

simulation in the highest CAPE case. This is also corroborated by the fact

that secondary clouds formed in the highest CAPE case because of its lowered

buoyancy and strong downdrafts.

6. The intermediate CAPE case is the most efficient in forming precipitation.

9.2.3 Effect of Low and High Aerosol Concentrations on a

Deep Convective Cloud

1. The model simulates some of the well-understood and established aspects of the

effect of increased aerosol concentration on deep convective clouds.
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2. As aerosol concentration increases from low to high, the cloud droplet size de-

creases as has been observed and modeled by earlier researchers. The premise

for this argument is that the aerosols compete for limited amount of water va-

por content. This may not be universally true with tropical marine clouds.

This study shows that although the cloud droplet radius decreases with in-

creased aerosol concentration, the droplets do not become so small that collision-

coalescence is rendered very inefficient.

3. Increased aerosol concentration invigorates convection but as the total conden-

sate increases, buoyancy is reduced.

4. As aerosol concentration changes from low to high, precipitation formation from

ice and mixed phase processes increases. But, their evaporation during fall

makes the overall precipitation formation less efficient.

5. As aerosol concentration increases, precipitation occurs in spells of intense and

less intense rain.

9.2.4 Effect of a Range of Aerosol Concentrations on a Deep

Convective Cloud

1. The mean condensate monotonically increases with increasing aerosol concen-

tration but for intermediate concentrations, the mean condensate decreases.

2. The buoyancy of the cloud decreases with increasing aerosol concentrations

due to condensate load but the buoyancy at intermediate concentrations is

anomalously low due to precipitation drag.

3. Precipitation shows an anomalous increase at intermediate aerosol concentra-

tions.

4. Precipitation efficiency monotonically decreases except for an anomalous in-

crease at intermediate concentrations.
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5. Precipitation forming mechanism at these intermediate aerosol concentrations

is the effective collection of rain drops by ice and graupel particles and this

mechanism is very efficient at these intermediate aerosol concentrations.

6. Increase of aerosol concentration and increase of CAPE produce similar response

in deep convective clouds including the anomalous behavior at the intermediate

concentrations. Thus the conclusion about the precipitation forming mechanism

is very robust.

7. A similar response is shown with a different initial thermodynamic condition.

8. Observations provide circumstantial evidence for the behavior of the deep con-

vective cloud with intermediate aerosol concentrations.

9.3 Limitations of This Study

Although this study has been as thorough as possible, the following limitations exist.

1. As with most modeling efforts, lack of observational data for initializing model

and constraining the model results certainly sets a limitation on this study.

2. The initial thermodynamic conditions that have been used had been measured in

tropical marine atmosphere. So, although some of the results can be attributed

to continental regions where huge amounts moisture is transported into the

lower layers of the atmosphere by circulations like monsoons, the atmospheric

conditions in those regions also have to be taken into account while accounting

for the different responses.

3. Since the coupled model has been developed out of MELAM and CRM, the lim-

itations of representations inherent in those models and lack of theory translate

as limitations of this study.

4. The aerosols and their concentrations considered for this study are the accumu-

lation mode particles. And further, for ease of interpretation and to evaluate
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the relationships of the variables in a cause-and-effect paradigm, a single pop-

ulation of accumulation mode ammonium sulphate particles is considered. A

more accurate approach would be to include sea salt and insoluble cores.

5. Convection initiation using a temperature and water vapor perturbation bubble

in the cloud resolving model is a common practice. But the evolution of the

cloud may be sensitive to the size and location of this perturbation.

6. The maze of microphysical transformations in clouds are best represented in

models using sections. Although the approach is more accurate, that framework

is computationally very expensive.

7. Model resolution is known to have determining effect on the cloud processes.

Higher model resolutions being computationally expensive, some of the results

may alter at a different resolution.

9.4 Future Directions

For the advancement of our understanding of the processes linking aerosols, clouds

and precipitation, the coupled model has great scope as the complete potential of this

very sophisticated model is yet to be tapped. The following are some proposals in

the short run.

1. Simulation of deep convective clouds with different compositions can help un-

derstand the role of the complex aerosol composition and mixing states play in

the modulation of the dynamics and microphysics.

2. Simulations with changing aerosol size distributions are helpful in understand-

ing the indirect impact of the source of aerosols and the role of their growth

processes in the atmosphere play in impacting deep convection.

3. Observational evidence for some of the interesting results of this work can be

sought in observations.
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4. It was found that aerosol activation is suppressed in the riming region and,

is enhanced in the homogeneous freezing region at the intermediate aerosol

concentrations. This is, as suggested by Heymsfield et al. [2009], promoted by

efficient collection of liquid water below the homogeneous freezing region. In

this context, Paluch diagram analysis can be used to examine the source region

of these new activations. Further analysis of the vertical profiles of total water

content would also help better understand the microphysics involved in these

patterns of activation.

In the longer time frame, the following directions are suggested.

1. The coupling between the two models MELAM and CRM has been kept very

modular. Thus it is possible to couple the aerosol model to a cloud model that

has better representation of the microphysical interactions and transformations,

for instance – a sectional model that represents the liquid drops and ice particles

using size bins and hence has a better collection kernels. That would help the

cause of improving the model physics.

2. If aerosol-cloud observations are taken keeping in view the abilities of the cou-

pled model and if the observations are used to constrain the model, it is expected

that the modeling-observation-theory cycle would be accelerated.
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